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Observations and models for atmospheric chemical compositions of Mars, Venus, and Titan
are briefly discussed. While the martian CO2-H2O photochemistry is comparatively simple,
Mars’ obliquity, elliptic orbit, and rather thin atmosphere result in strong seasonal and latitudinal
variations that are challenging in both observations and modeling. Venus’ atmosphere presents
a large range of temperature and pressure conditions. The atmospheric chemistry involves
species of seven elements, with sulfur and chlorine chemistries dominating up to 100 km. The
atmosphere below 60 km became a subject of chemical kinetic modeling only recently. Photochemical modeling is especially impressive for Titan: Using the N2 and CH4 densities at the
surface and temperature and eddy diffusion profiles, it is possible to calculate vertical profiles
of numerous neutrals and ions throughout the atmosphere. The Cassini-Huygens observations
have resulted in significant progress in understanding the chemistry of Titan’s atmosphere and
ionosphere and provide an excellent basis for their modeling.
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1. INTRODUCTION
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Energies of the solar UV photons and energetic particles
may be sufficient to break chemical bonds in atmospheric
species and form new molecules, atoms, radicals, ions, and
free electrons. These products initiate chemical reactions
that further complicate the atmospheric composition, which
is also significantly affected by dynamics and transport
processes. Photochemical products may be tracers of photochemistry and dynamics in the atmosphere and change
its thermal balance. Gas exchange between the atmosphere,
space, and solid planet also determines the properties of
the atmosphere.
Studies of the atmospheric chemical composition and
its variations are therefore essential for all aspects of atmospheric science, and many instruments on spacecraft
missions to the planets are designed for this task. Interpretation of the observations requires photochemical models
that could adequately simulate photochemical and transport
processes.
One-dimensional steady-state global-mean self-consistent models are a basic type of photochemical modeling.
These models simulate altitude variations of species in an
atmosphere. Vertical transport in the model is described by
eddy diffusion coefficient K(z). The solar UV spectrum,
absorption cross sections, reaction rate coefficients, eddy
and molecular diffusion coefficients K(z) and D(z), and
temperature profile T(z) are the input data for the model.
The model provides a set of continuity equations for each
species in a spherical atmosphere
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Here r is radius, Φ and n are the flux and number density
of species, P and L are the production and loss of species
in chemical reactions, α is the thermal diffusion factor, Ha
and H are the mean and species scale heights, and T is the
temperature. Substitution of the second equation in the first
results in an ordinary second-order nonlinear differential
equation. Finite-difference analogs for these equations may
be solved using methods described by Allen et al. (1981)
and Krasnopolsky and Cruikshank (1999).
Boundary conditions for the equations may be densities,
fluxes, and velocities of the species. Fluxes and velocities
are equal to zero at a chemically passive surface and at the
exobase for molecules that do not escape. Requirements
for the boundary conditions are discussed in Krasnopolsky
(1995). Generally, the number of nonzero conditions should
be equal to the number of chemical elements in the system.
This type of photochemical modeling is a powerful tool for
studying atmospheric chemical composition. For example,
in the case of Titan, a model results in vertical profiles of 83
neutral species and 33 ions up to 1600 km using densities of
N2 and CH4 near the surface (Krasnopolsky, 2009a, 2012c).
Photochemical general circulation models (GCMs; see
Forget and Lebonnois, this volume) present significant prog1
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ress in the study and reproduction of atmospheric properties
under a great variety of conditions. These GCMs are the
best models for studying variations of species with local
time, latitude, season, and location.
Some basic properties of the terrestrial planets and their
atmospheres are listed in Table 1. They are discussed in
detail in other chapters of this book.
Below we will briefly discuss observational data on and
photochemical modeling of the atmospheric chemical compositions on Mars, Venus, and Titan. Earth’s photochemistry
is strongly affected by life and human activity (Yung and
DeMore, 1999) and is beyond the scope of this chapter.
Previous reviews of the photochemistry of Mars, Venus,
and Titan may be found in Levine (1985), Krasnopolsky
(1986), and Yung and DeMore (1999).
2. MARS
2.1. Chemical Composition of Mars’ Atmosphere and
Its Variations
Mars’ obliquity of 24° and the elliptic orbit with perihelion at 1.381 AU (LS = 251°) and aphelion at 1.666 AU
(LS = 71°) induce a great variety of conditions in the
comparatively thin atmosphere of Mars. A summary of
observational data on the chemical composition of the
martian atmosphere is given in Table 2. Groundbased detections of the parent species CO2 (Kuiper, 1949) and H2O
(Spinrad et al., 1963) and the main photochemical products
CO (Kaplan et al., 1969) and O2 (Barker, 1972; Carleton
and Traub, 1972) were a basis for the first photochemical
models. Observations of O3 by the Mariner 9 ultraviolet
(UV) spectrometer (Barth et al., 1973) revealed strong
variations in Mars’ photochemistry (Fig. 1). The ozone
UV absorption band at 255 nm has a halfwidth of 40 nm,
the solar light varies within the band by a factor of ~15,
the surface reflection and dust properties may vary as well,
and the Mariner team adopted an upper limit of 3 μm-atm

for the UV ozone detection (1 μm-atm = 10–4 cm × 2.7 ×
1019 cm–3 = 2.7 × 1015 cm–2). The observations at low and
middle latitudes beyond the polar caps and hoods were
below this limit.
The upper atmosphere was studied by the UV spectrometers at Mariner 6, 7, and 9, as well as mass spectrometers
and retarding potential analyzers on the Viking landers
(Barth et al., 1972; Nier and McElroy, 1977; Hanson et al.,
1977). Mass spectrometers on the Viking landers and more
recently on the Mars Science Laboratory (MSL) measured
the compositions of the lower atmosphere, especially N2 and
noble gases Ar, Ne, Kr, and Xe. Helium was later observed
using the Extreme Ultraviolet Explorer (Krasnopolsky and
Gladstone, 2005). The first detailed study of the H2O global
distribution was made by the Viking orbiters (Jakosky and
Farmer, 1982).
Noxon et al. (1976) detected the O2(1Δg) dayglow at
1.27 µm and properly explained its excitation by photolysis of ozone and quenching by CO2. Traub et al. (1979)
repeated their observations at three latitude bands. Using
groundbased IR heterodyne spectroscopy at 9.6 μm, Espenak et al. (1991) detected ozone at low latitudes with the
column abundance of ~1 μm-atm at LS = 208°. These observations have been continued (Fast et al., 2006, 2009). To
improve the ozone detection at large airmass, Clancy et al.
(1999) observed the UV spectra of Mars near the limb using
the Hubble Space Telescope (HST). Some data from Fast
et al. (2006) and Clancy et al. (1999) are shown in Fig. 2.
Clancy and Nair (1996) predicted significant seasonal
variations of ozone above 20 km at the low and middle
latitudes. Krasnopolsky (1997) argued that the O2 dayglow
at 1.27 μm is the best tracer for that ozone, because the
dayglow is quenched by CO2 below ~20 km, and started
groundbased mapping observations of this dayglow (Figs. 3,
4). Interpretation of the groundbased observations of ozone
and the O2 dayglow at 1.27 μm does not require any assumptions regarding reflectivities of the surface rocks and
atmospheric dust.

TABLE 1. Basic properties of Venus, Earth, Mars, and Titan.
Property

Venus

Earth

Mars

Titan

Mean distance from Sun (AU)
Radius (km)
Mass (Earth = 1)
Length of year
Gravity (cm s–2)
Mean atmospheric pressure (bar)
Mean temperature near surface (K)
Mean exobase altitude (km)
Mean exospheric temperature (K)
Escape velocity (km s–1)
Main gas
Second gas
Third gas

0.72
6052
0.815
224.7 d
887
92
737
200
260
10.3
CO2 (0.96)
N2 (0.034)
SO2 (1.3 × 10–4)

1.0
6378
1
365.26 d
978
1.0
288
400
1000
11.2
N2 (0.78)
O2 (0.21)
Ar (0.0093)

1.52
3393
0.1075
1.881 yr
369
0.0061
210
200
230
5.0
CO2 (0.96)
N2 (0.019)
Ar (0.019)

9.54
2575
0.0225
29.42 yr
135
1.5
94
1350
160
2.64
N2 (0.95)
CH4 (0.05)
H2 (0.001)

Atmospheric composition is given near the surface; mixing ratios are in parentheses.
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Hydrogen (H2) was predicted by photochemistry as a
long-living product on Mars, and it had been detected using
the Far Ultraviolet Spectroscopic Explorer (FUSE) (Krasnopolsky and Feldman, 2001). Continuous monitoring of
temperature profiles, H2O, water ice, and dust atmospheric
abundances for 1998–2006 by MGS/TES (Smith, 2004)
presents a convenient and detailed database for various
applications. The observed variations of H2O are shown
in Fig. 5.
Groundbased observations of CO (Krasnopolsky, 2003a)
revealed variations of long-living species that are induced
by condensation and sublimation of CO2 at the polar caps.
This effect and its interpretation were confirmed by the
GRS observations of Ar from Mars Odyssey (Sprague et
al., 2004, 2012).

Peroxide H2O2 was detected using groundbased microwave and infrared instruments, and a summary of the
current data is in Fig. 6. Along with ozone and the O2
dayglow, H2O2 is a sensitive tracer of Mars’ photochemistry,
especially odd hydrogen chemistry.
Tentative detections of CH4 were made by groundbased
instruments (Krasnopolsky et al., 2004, 2012a; Mumma
et al., 2009; Villanueva et al., 2013) and the Planetary
Fourier Spectrometer (PFS) onboard Mars Express (MEX)
(Formisano et al., 2004; Geminale et al., 2011). Traces of
the methane absorption were also found in the Mars Global
Surveyor (MGS) Thermal Emission Spectrometer (TES)
spectra by Fonti and Marzo (2010). Methane is so exciting
on Mars because of its possible biogenic origin. However,
the latest groundbased observations and measurements by

TABLE 2. Chemical composition of the martian atmosphere.
Species Mixing Ratio

Comments and References

CO2

0.96

N2
Ar
Ne
Kr
Xe
H

0.019
0.019
1–2.5 ppm
300–360 ppb
50–80 ppb
(3–30) × 104 cm−3

O

0.005–0.02

O2

(1.2–2) × 10−3

CO

10−3

H2O

0–70 pr. μm

O3

0–60 μm-atm

Kuiper (1949); global and annually mean pressure 6.1 mbar (Kliore
et al., 1973)
Mahaffy et al. (2013)
Mahaffy et al. (2013)
Owen et al. (1977), Bogard et al. (2001)
Owen et al. (1977), Bogard et al. (2001)
Owen et al. (1977), Bogard et al. (2001)
at 250 km for T∞ ≈ 300 and 200 K; Anderson and Hord (1971),
Anderson (1974), Chaufray et al. (2008)
at 125 km; Strickland et al. (1972), Stewart et al. (1992), Chaufray
et al. (2009)
Barker (1972), Carleton and Traub (1972), Owen et al. (1977),
Trauger and Lunine (1983), Hartogh et al. (2010a), Mahaffy
et al. (2013)
Kaplan et al. (1969), Krasnopolsky (2007a), Billebaud et al. (2009),
Smith et al. (2009), Hartogh et al. (2010b), Sindoni et al. (2011)
Spinrad et al. (1963), Smith (2004), Fedorova et al. (2006b), Fouchet
et al. (2007), Melchiorri et al. (2007), Tschimmel et al. (2008),
Smith et al. (2009), Sindoni et al. (2011)
Barth and Hord (1971), Barth et al. (1973), Clancy et al. (1999),
Fast et al. (2006, 2009), Perrier et al. (2006), Lebonnois et al.
(2006)
Noxon et al. (1976), Krasnopolsky (2013c), Fedorova et al. (2006a),
Altieri et al. (2009)
Krasnopolsky et al. (1994), Krasnopolsky and Gladstone (2005)
Krasnopolsky and Feldman (2001)
Clancy et al. (2004), Encrenaz et al. (2004, 2011a)
Krasnopolsky et al. (2004), Formisano et al. (2004), Mumma et al.
(2009), Fonti and Marzo (2010), Geminale et al. (2011), Krasnopolsky (2012a), Villanueva et al. (2013), Webster et al. (2013)
Krasnopolsky (2012a), Villanueva et al. (2013)
Encrenaz et al. (2011), Krasnopolsky (2012a)
Krasnopolsky (2006b)
Hartogh et al. (2010a)
Krasnopolsky et al. (1997), Villanueva et al. (2013)
Maguire (1977)
Villanueva et al. (2013)

O2(1Δg) 0.6–35 μm-atm*
He
H2
H2O2
CH4

10 ppm
17 ppm
0–40 ppb
0–40 ppb

C2H6
SO2
NO
HCl
H2CO
NH3
HCN

<0.2 ppb
<0.3 ppb
<1.7 ppb
<0.2 ppb
<3 ppb
<5 ppb
<4 ppb

*O (1Δ )
2
g

dayglow at 1.27 μm is measured in megarayleighs (MR); 1 MR = 1.67 μm-atm of O2(1Δg)
for this airglow.
First detections along with the latest data are given.
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Fig. 1. Mariner 9 observations of ozone at the end of
northern winter. From Traub et al. (1979).
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MSL’s Curiosity rover (Webster et al., 2013) only provide
upper limits to methane on Mars.
The latest results on the minor species on Mars have
been obtained by the current MEX and Mars Reconnaissance Orbiter (MRO) missions. Ultraviolet spectra at
210–300 nm observed with the MEX Ultraviolet and Infrared Atmospheric Spectrometer (SPICAM) for 1.25 martian
years were divided by a reference spectrum with no ozone
measured at Olympus Mons during perihelion (Perrier et
al., 2006). The ratio is then fitted using an ozone column,
a linear surface reflection, and a constant dust optical depth
between 210 and 300 nm (four parameters). This approach
is reasonable, although the retrieved values may have systematic uncertainties ~0.5 μm-atm. The observed seasonallatitudinal variations of ozone are shown in Fig. 7. SPICAM
stellar occultations revealed nighttime vertical profiles of
O3 (Lebonnois et al., 2006) that are highly variable with
peak densities up to 1010 cm–3 (Fig. 8). Variations of the
O2 dayglow at 1.27 μm were observed by the IR channel
of SPICAM (Fig. 9). Four MEX and two MRO instruments
are measuring H2O (references to the observations are given
in Table 2). Vertical profiles of H2O, CO2, and aerosol
were measured by solar occultations using SPICAM-IR
(Fedorova et al., 2009). Three instruments — one on MRO
and two on MEX — are observing CO (Table 1), and
SPICAM is studying the UV dayglow and properties of
the upper atmosphere. CO, O2, and restrictive upper limits
to H2O2 and HCl were measured by the Herschel Space
Observatory (Table 2).
While an attempt to detect Mars’ nightglow in the
visible range resulted in only upper limits (Krasnopolsky and Krysko, 1976), the SPICAM-UV observations
revealed emissions of the NO δ- and γ-band system that
are excited in the reaction between N and O. Both species

80
12670

Latitude (°)

(b)

Ozone (µm-atm)

8
6
4
2
0

O2e

18
S

16
14

S1R2

10

R3Q4
R1R1

R3R3
7890

0

10

20

Latitude (°)
Fig. 2. Groundbased (black symbols) (Fast et al., 2006)
and HST (open symbols) (Clancy et al., 1999) observations
of ozone near aphelion and perihelion.
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Fig. 3. IRTF/CSHELL spectrum of the O2 dayglow at
1.27 µm. The dayglow emission lines are Doppler-shifted
to the red from the telluric O2 absorption lines. Solar lines
are marked S. From Krasnopolsky (2007a).
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are transported from the dayside thermosphere; the mean
nightglow intensity is 36 R and the peak altitude is ~70 km
(Cox et al., 2008). [One Rayleigh (R) is 106 photons per
(cm2 s 4π sr).] This nightglow is similar to that observed
on Venus (section 3.4.1).
Polar O2 nightglow at 1.27 μm (Fig. 10) is a new phenomenon observed by the Visible and Infrared Mineralogical Mapping Spectrometer (OMEGA) on MEX (Bertaux
et al., 2012), SPICAM-IR (Fedorova et al., 2012), and the
Compact Reconnaissance Imaging Spectrometer for Mars
(CRISM) on MRO (Clancy et al., 2012b). Mean vertical
nightglow intensity is 300 kR (Fedorova et al., 2012), far
above that expected for the O2 nightglow at low latitudes
(section 2.3.2). Recently, Clancy et al. (2012c) reported
their detection of the OH polar nightglow using CRISM.
Thus, the globally and annually mean atmospheric pressure is 6.1 mbar on Mars, and the atmosphere consists of
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The time required for global-scale mixing in the martian
atmosphere is ~0.5 yr (section 2.5). (Hereafter, Earth years
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only caused by condensation and sublimation of CO2 at
the polar caps (section 2.1). The long-living photochemical
products are O2, CO, and H2, and the global-mean onedimensional models are currently the only means for calculating these species. Short-living photochemical products
are variable on Mars and cannot be studied in detail by the
global-mean models.
2.2.1. CO2 stability problem and basic CO2-H2O chemistry. The observed low abundances of CO and O2 of ~10–3
were initially puzzling, because the CO2 dry (without H2O)
chemistry predicts their mole fractions of 0.08 and 0.04
(Nair et el., 1994) in reactions

1.0
1.5
2.0

4.0
6.
7.000
8.

200

5.0
4.0

300

87.
.600
.0

3.

2.
0
1.5

40

(b)

O2 Dayglow (MR)

.0
45.0 0

3.0

5.0
4.0

Solar Longitude (LS)

5.0

8.0
6.0 7.0
4.0 5.0
3.0
2.0

1.
5

20
7.0

0

3.0

2.0

0

100

200

7

1.0

4.

µm

300

Solar Longitude (LS)
Fig. 4. Seasonal evolution of the O2( 1Δ g) dayglow at
1.27 μm (MR) near local noon. (a) Earth-based observations (updated from Krasnopolsky, 2007a). (b) Calculations
by the one-dimensional model of Krasnopolsky (2009b).
One megarayleigh (MR) is equal to 1012 photons cm–2 s–1
(4π ster)–1, i.e., 4.5 × 1015 cm–2 or 1.7 μm-atm of the O2(1Δg)
column abundance for the dayglow at 1.27 μm.

10

50N
0

15
10

10
5

30S

10

10
15
10

15

5

10

10

10
10
15

60S
90S

70
60
50
40
30
20
18
16
14
12
10
8
6
4
2
0

20

60N
1.2

0.

-60

MY24 – 27

90N

1.5
23.0
.0

8.0

TES H2O Column

1.2

0

0

5.0.0 .0
67

4.

3.

-40

0 3.0

6.0

-20

Spins of O, CO, and CO2 are 1, 0, and 0, respectively, and
the spins do not conserve in the last reaction; therefore
it is very slow, giving rise to CO and O2. That was a socalled CO2 stability problem. The problem was solved by
McElroy and Donahue (1972) and Parkinson and Hunten
(1972) using a catalytic effect of odd hydrogen (H, OH,
HO2, and H2O2 due to its fast photolytic conversion to

Latitude (°)

0
3.

100

0.7

1.5

10.0
5.0

8.0
7.0
6.0

0

3.0

1.0

3.

4.0

0

60

CO2 + hν (λ < 200 nm) → CO + O
O + O + M → O2 + M
O2 + hν → O + O
O + O 2 + M → O3 + M
O3 + hν → O2 + O
O + CO + M → CO2 + M

54..0
0
5.0

-50

Latitude (°)

2.2. Global-Mean Models

6.0

0

5

1.0

4.0

2.0

Latitude (°)

50

0.7

5.0
6.0
7.80.0.0
10

(a)

CO2 (96%) and its products [CO, O2, O2(1Δg), O3, O], H2O
and its observed products (H, H2, H2O2), CH4, and chemically inactive species N2, Ar, He, Ne, Kr, and Xe. While
the CO2-H2O photochemistry is comparatively simple and
well studied in the laboratory, it presents some challenging
tasks in the martian atmosphere.
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observed by MGS/TES in 1999–2004 (Smith, 2004).
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OH). Odd hydrogen is formed by photolysis of H2O and
reactions of O(1D)
H2O + hν (λ < 195 nm) → OH + H
O(1D) + H2O → OH + OH
O(1D) + H2 → OH + H
All these reactions and those discussed below, their rate coefficients, and column rates in the mean daytime atmosphere
are given in Table 3. O(1D) is the lowest metastable state of
O with energy of 1.97 eV and radiative lifetime of 110 s.
It is formed on Mars by photolysis of ozone with minor

contributions from photolyses of CO2 and O2. O(1D) is
strongly quenched by CO2.
Odd hydrogen drives the basic photochemical cycle
H + O2 + M → HO2 + M
HO2 + O → OH + O2
CO + OH → CO2 + H
Net O + CO → CO2
HO2 is formed by the termolecular reaction; therefore H
is the most abundant odd hydrogen species above ~35 km,
while HO2 and H2O2 dominate below this altitude. Odd
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Kranopolsky (2009)
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(2009b). From Encrenaz et al. (2012).
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hydrogen is not lost in the cycle and therefore acts as a
catalyst. OH is also formed by photolysis of H2O2 and HO2
and in reactions of H + O3 and H + HO2. Reaction of CO +
OH is the major process in formation of the CO=O bonds
that balances breaking of these bonds by photolysis of CO2.
Balances of key reactions of formation and breaking bonds
of the basic species are convenient for analyses of photochemistry, especially for dense atmospheres like those of
Venus and Titan, where the number of cycles may be large.
Another pathway for loss of odd oxygen (O and O3) is
formation of the O=O bonds

by nonthermal escape of fast oxygen atoms formed by dissociative recombination of O2+. Early calculations by Fox
(1993) did not support that suggestion, and oxidation of the
surface rock is an alternative solution. Model results are
insensitive to this choice, and typically a flow of oxygen
equal to ~108 cm–2 s–1 is adopted as the upper boundary
condition. Current models of the oxygen escape induced
by dissociative recombination of O2+ (Fox and Hac, 2010)
demonstrate a significant scatter of the results for various
O2 Emission by SPICAM IR

90

O + O + M → O2 + M
O + OH → O2 + H

30
20

60

10

OH + HO2 → H2O + O2
H + HO2 → H2 + O2
H2O + O
OH + H2O2 → H2O + HO2

30

Latitude

Breaking of the O=O bonds occurs by photolyses of O2,
H2O2, HO2, and NO2 (section 2.2.3). Odd hydrogen is lost
in the reactions

5

0

2

–30

1
0.5

–60

Production of H2 in H + HO2 is balanced by its loss
in reactions with OH, O( 1 D), and flow to the upper
atmosphere with subsequent dissociation and escape of H
and H2. This escape is ~2 × 108 cm–2 s–1(Anderson, 1974).
Hydrogen escape should be balanced by loss of O from
the atmosphere in the proportion 2:1 in the steady-state
global-mean models. This proportion is that in H2O and
presumes a surface reservoir of water that replenishes its
loss from the atmosphere. If this proportion is broken, accumulation of either H or O would break the steady state.
According to McElroy (1972), the required loss of O occurs

–90

0

30

60

90

120

150

180

210

240

270

300

330

0.2

360

Solar Longitude (LS)
Fig. 9. Seasonal-latitudinal variations of the O2 dayglow
at 1.27 μm (in MR) observed by SPICAM-IR (Fedorova et
al., 2006a).
60

50

O3 Vertical Profile

40

60

Altitude (km)

LS = 60.1/Lat = –29.0/Lon = 16.9/orbit 0615A1

Altitude (km)

50
40

30

20

30
10
20
0

10
0

0

2 × 109

4 × 109

6 × 109

8 × 109

1 × 1010

Number Density (mol cm–3)
Fig. 8. Ozone nighttime vertical profile observed at 29°S,
LS = 60° (Lebonnois et al., 2006).

2

4

6

8

10

12

O2 Limb Emission (MR)
Fig. 10. Limb profile of the polar O2 nightglow at 1.27 μm
observed by MEX/OMEGA at 77°S, LS = 120° (Bertaux et
al., 2012). Airmass is ~40 at the limb, and the nightglow
vertical intensity is ~250 kR.

8   Comparative Climatology of Terrestrial Planets
TABLE 3. Reactions in the lower and middle atmosphere of Mars, their rate coefficients, and column rates (Krasnopolsky, 2010a).
#
1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23
24
25
26
27
28
29
30
31
32
33
34
35
36
37
38
39
40
*O

Reaction

Rate Coefficient

Column Rate

CO2 + hn → CO + O
CO2 + hn → CO + O(1D)
O2 + hn → O + O
O2 + hn → O + O(1D)
H2O + hn → H + OH
HO2 + hn → OH + O
H2O2 + hn → OH + OH
O3 + hn → O2(1Δ) + O(1D)
O(1D) + CO2 → O + CO2
O(1D) + H2O → OH + OH
O(1D) + H2 → OH + H
O2(1Δ) + CO2 → O2 + CO2
O2(1Δ) → O2 + hν
O + CO + CO2 → CO2 + CO2
O + O + CO2 → O2 + CO2
O + O2 + CO2 → O3 + CO2
H + O2 + CO2 → HO2 + CO2
O + HO2 → OH + O2
O + OH → O2 + H
CO + OH → CO2 + H
H + O3 → OH + O2
H + HO2 → OH + OH
H + HO2 → H2 + O2
H + HO2 → H2O + O
OH + HO2 → H2O + O2
HO2 + HO2 → H2O2 + O2
OH + H2O2 → HO2 + H2O
OH + H2 → H2O + H
O + O3 → O2 + O2
OH + O3 → HO2 + O2
HO2 + O3 → OH + O2 + O2
H2O2 + O → OH + HO2
NO2 + hν → NO + O
NO2 + O → NO + O2
NO + HO2 → NO2 + OH
Diffusion-limited flux of H2
Loss of H2O2 at the surface
Loss of O3 at the surface
Photolysis of O2 above 80 km*
Photolysis of CO2 above 80 km*

—
—
—
—
—
2.6 × 10– 4
4.2 × 10–5
3.4 × 10–3
7.4 × 10–11e120/T
2.2 × 10–10
1.1 × 10–10
10−20
2.24 × 10−4
2.2 × 10–33e–1780/T
1.2 × 10–32(300/T)2
1.4 × 10–33(300/T)2.4
1.7 × 10–31(300/T)1.6
3 × 10–11e200/T
2.2 × 10−11 e120/T
1.5 × 10–13
1.4 × 10–10e–470/T
7.3 × 10–11
1.3 × 10–11(T/300)0.5e–230/T
1.6 × 10–12
4.8 × 10–11e250/T
2.3 × 10–13e600/T
2.9 × 10–12e–160/T
3.3 × 10–13(T/300)2.7e–1150/T
8 × 10–12e–2060/T
1.5 × 10–12e–880/T
10–14 e–490/T
1.4 × 10–12 e−2000/T
0.0037
5.6 × 10−12 e180/T
3.5 × 10−12 e250/T
V = 1.14 × 1013/n79
V = 0.02
V = 0.02
V = 0.32
—

1.49
2.36
1.70
1.11
1.76
4.23
5.68
6.38
6.42
1.50
1.04
4.94
1.46
5.15
2.55
6.45
1.93
1.64
3.64
1.64
6.17
2.36
7.91
5.18
1.71
5.75
7.08
4.69
4.83
1.30
1.77
6.76
7.26
1.78
9.04
2.18
3.43
6.13
1.20
1.20

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

12
10
11
10
10
10
10
12
12
9
8
12
12
7
10
12
12
12
11
12
10
10
8
8
10
10
8
8
7
7
8
6
10
10
10
8
7
7
10
11

and CO as the direct and indirect (via ion reactions) photolysis products are returned by their downward fluxes at 80 km.

Photolysis rates and k13 are in s–1, velocities V are in cm s−1, second and third order reaction rate coefficients are in cm3 s–1 and
cm6 s–1, respectively. Photolysis rates for HO2, H2O2, O3, and NO2 refer to the lower atmosphere and are calculated for l > 200 nm at
1.517 AU. Column reaction rates are in cm–2 s–1 and summed up from 1 to 79 km and multiplied by (1 + h/R)2. 1.49 + 12 = 1.49 × 1012.

initial conditions and do not rule out the oxygen flow of
~108 cm–2 s–1. The problem remains uncertain and may
be solved by the upcoming Mars Atmosphere and Volatile
Evolution (MAVEN) mission.
2.2.2. Published global-mean models. Mars’ photochemistry critically depends on the catalytic effect of H2O
and its products. Photolysis of H2O is very sensitive to
absorption by the overhead CO2 that restricts the effective
spectral interval to ~10 nm centered at 190 nm. The H2O
photolysis is therefore more efficient at 40 km than near the
surface by a factor of 400. The early models (e.g., Kong and

McElroy, 1977a) were aimed at simulating the observed CO
and O2, and adopted the H2O layer in the lowest 3–5 km
with a steep cutoff above the layer. The odd hydrogen production was low and occurred near the surface, and strong
eddy diffusion K ≈ 3 × 108 cm2 s–1 was required to move
up odd hydrogen and reduce CO and O2.
Krasnopolsky (1993) found that photochemistry weakly
affects water vapor that is mixed up to a saturation level
at ~20 km at mean conditions and then follows the saturation density. Eddy diffusion in the lower atmosphere
was ~106 cm2 s–1 in that and subsequent models based
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where H is the scale height, a = 0.75 for H2, T almost
cancels out in this relationship, and Φ HDL = 1.14 ×
2
1013 fH2 cm–2 s–1. Zahnle et al. (2008) suggested that a heterogeneous loss of O3 and H2O2 on the surface with velocity
of 0.02 cm s–1 may compensate for the escape of H and H2
(section 2.1.1). Their water was near the standard value of
10 precipitable (pr.) μm in the basic model that gave mixing ratios of O2, CO, and H2 at 1300, 470, and 20 ppm,
respectively. While the value for CO is still smaller than
the observed abundance by a factor of 2, it is greater than
those in the gas-phase models with the standard chemistry
in Nair et al. (1994) and Krasnopolsky (2006a) by a factor
of 4, and it is not clear how that was achieved. Here we
do not consider their model B, which assumed a constant

relative humidity of 17% up to 100 km. This assumption
disagrees with the expected behavior of H2O on Mars.
Krasnopolsky (2010a) tested the boundary conditions
for H2, O3, and H2O2 from Zahnle et al. (2008) and found
that they do not significantly change the model results, with
the model CO smaller than the observed value by a factor
of 8. Krasnopolsky (2010a) concluded that photochemistry
is almost frozen out during the nighttime, and a daytime
mean model with a mean solar zenith angle of 60° may be
more adequate than the global mean model with the solar
flux additionally reduced by a factor of 2 to account for the
nighttime. However, eddy diffusion occurs in the nighttime,
and therefore the model K was doubled to 4 × 106 cm2 s–1
in the lower atmosphere.
The photolysis rates are dayside-mean in this model
(Table 3). The boundary conditions are the CO2 and H2O
densities at the surface, which correspond to 6.1 mbar and
9.5 pr. μm, respectively. Other boundary conditions are
shown in lines 36–40. The conditions in lines 39–40 are
the downward flows of O and CO from dissociation of O2
and CO2 above 80 km. Zero fluxes at both boundaries are
the conditions for all other species.
The calculated density profiles are shown in Fig. 11. The
H2O densities are restricted by the saturation values. The
calculated abundances of the major photochemical products
are 1600 ppm for O2, 20 ppm for H2, 0.9 μm-atm for O3,
1.5 MR or 2.5 μm-atm for O2(1Δg), and 7.6 ppb for H2O2,
in good agreement with the observations (Table 2). The CO
mixing ratio varies from 120 ppm near the surface, which is
still much less than the observed value, to 900 ppm at 80 km.
The mean lifetime of a species is equal to a ratio of its
column abundance (Fig. 11) to its daytime column production/loss rate (Table 3). This ratio should be doubled to
account for the nighttime. The lifetimes of O2 and H2 are
60 and 370 yr, respectively. The lifetime of the calculated
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T (K)

200

O3
60

Altitude (km)

on Krasnopolsky (1986, pp. 42–45) and Korablev et al.
(1993). The calculated CO was significantly smaller in
Krasnopolsky (1993) than the observed values, and NOx,
SOx (sections 2.2.3 and 2.2.4), and heterogeneous chemistry
were applied to fit the CO observations.
The observed mean CO mixing ratios in the lowest
~20 km are 1000 ppm in Krasnopolsky (2007a), 1100 ppm
in Billebaud et al. (2009), 700 ppm in Smith et al. (2009),
940 ppm in Hartogh et al. (2010b), and 990 ppm in Sindoni
et al. (2011). Therefore almost all observations give the
mean CO equal to 1000 ppm.
Nair et al. (1994) changed rate coefficients of OH + HO2
and CO + OH in their model and got the CO mole fraction
fCO = 490 ppm. Krasnopolsky (1995) achieved the similar
value by reduction of the H2O photolysis cross section near
190 nm to correct for possible impurities in the laboratory
observations and a possible temperature effect. However, the
suggestions by Nair et al. (1994) and Krasnopolsky (1995)
disagree with the later laboratory studies.
Krasnopolsky and Feldman (2001) detected H2 in Mars’
upper atmosphere; extrapolation to the middle and lower
atmosphere resulted in fH2 ≈ 17 ppm, smaller than the model
predictions (Nair et al., 1994; Krasnopolsky, 1995) by a
factor of 2–3. Detailed modeling of the upper atmosphere
(section 2.2.5) confirmed that the measured H2 abundance
agrees with the H distributions and escape observed by
Mariner 6, 7, and 9 (Anderson, 1974). The measured H2
became an additional constraint for Mars models.
Krasnopolsky (2006a) calculated models with heterogeneous loss of odd hydrogen on the water ice aerosol.
However, he pointed out that the uptake coefficients required to fit the observed CO exceeded the laboratory data.
Furthermore, his model for seasonal-latitudinal variations
of O3, H2O2, and the O2 dayglow (section 2.3.1) failed to
reproduce the observations with these uptake coefficients.
Zahnle et al. (2008) argued that the diffusion-limiting
flow (Chamberlain and Hunten, 1987, p. 370) is a good
approximation for H2 as a boundary condition at ~100 km.
Molecular diffusion coefficient is Di = aiTai/n, and the diffusion limiting flow is
a Tα i
Φ DL
= i
f
i
H i
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Fig. 11. Vertical profiles of species in the dayside-mean
model by Krasnopolsky (2010a). The calculated mole fractions of O2 and H2 are 1600 and 20 ppm, do not vary with
altitude, and are not shown.
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N + O → NO + hν
N + O + M → NO + M
N + NO → N2 + O
If a flow of N from the upper atmosphere exceeds that
of NO, then nitrogen chemistry below 80 km is actually
restricted to these reactions. However, if the downward flux
of NO is greater than that of N, then the excess of NO initiates a more complicated chemistry. The situation depends
on a fine balance between the production and loss of N
and N(2D). Some data from laboratory experiments favor
N > NO and no effective nitrogen chemistry below 80 km.
However, NO was detected in the upper atmosphere by the
Viking mass spectrometers (Nier and McElroy, 1977), and
this requires a flow of NO and therefore nitrogen chemistry below 80 km. Detection and observations of the NO
nightglow by SPICAM (Bertaux et al., 2005; Cox et al.,
2008) show that the transport of N to the nightside is rather
effective with a mean downward flow of ~108 cm–2 s–1 on
the nightside.
Nitrogen chemistry in Mars’ lower and middle atmosphere was considered in detail by Nair et al. (1994) and
Krasnopolsky (1995). The calculated NO mole fraction
was 0.3 ppb, below the observed upper limit of 1.7 ppb
(Table 2). Basic reactions of the nitrogen chemistry on
Mars are
NO + HO2 → NO2 + OH
NO2 + O → NO + O2
NO2 + hν → NO + O
The first reaction actually breaks the O=O bond and forms
OH that reacts with CO, the second reaction restores the
bond, and the third reaction ends the O=O breaking in
the first reaction. Therefore it looks like the photolysis of

NO2 breaks the O=O bond, although the NO2 structure is
O=N=O. Nineteen percent of the O=O bonds are removed
by the nitrogen chemistry (Table 3), and its role is neither
critical nor negligible.
2.2.4. Sulfur chemistry. Except for H2O and CO2, SO2 is
the most abundant in terrestrial volcanic outgassing; therefore the stringent upper limit of 0.3 ppb to SO2 (Table 2)
is very important and restricts the outgassing from Mars at
a level smaller than that on Earth by a factor of more than
2000 (Krasnopolsky, 2012a). Along with the lack of current volcanism and hot spots with endogenic heat sources
in the Mars Odyssey Thermal Emission Imaging System
(THEMIS) observations, this is an indication of extremely
slow geological processes on Mars at the current time.
Our calculations of sulfur chemistry on Mars for the SO2
abundance of 0.1 ppb are shown in Fig. 12. Sulfur chemistry
is discussed in the Venus section; here we add a heterogeneous reaction SO2 + H2O2 + ice → H2SO4 + ice (Clegg
and Abbat, 2001) that is negligible on Venus. Formation
of gaseous H2SO4 requires water vapor and occurs below
22 km; it is removed by uptake on the ice haze above 22 km
and in the boundary layer near the surface. The sulfur reaction rates in the model are typically smaller than those in the
basic model (Table 3) by 2 orders of magnitude and weakly
affect the basic atmospheric chemistry on Mars. Therefore the
perturbation in the basic chemistry by the sulfur chemistry
is small for the SO2 upper limit of 0.3 ppb, and the results
in Fig. 12 may be linearly scaled to other SO2 abundances.
2.2.5. Upper atmosphere and ionosphere. A boundary between the middle and upper atmosphere at 80 km
is convenient for photochemical modeling, because it is
possible to neglect ionization processes and molecular diffusion up to this boundary. Transport processes dominate
near 80 km, and photolysis by solar Lyman-a is the only
significant chemical reaction in this region. Vacuum is
defined where the mean free path l = (Σ σi ni)–1 is greater
than the intrinsic size of the medium. Therefore an upper
80

60

Altitude (km)

CO is 1 yr, while a ratio of the observed column CO to its
production is 8 yr.
Photolysis of CO2 forms CO and O2 in the proportion
1:0.5, and O2 significantly exceeds this proportion for both
observed and calculated CO. This means that O2 is a photochemical product of mostly H2O, although the H2O photolysis is weaker than that of CO2 by 2 orders of magnitude.
2.2.3. Nitrogen chemistry. Nitrogen chemistry may
be initiated in the lower and middle atmosphere by either
lightning or a flow of NO from the upper atmosphere.
There is no evidence of lightning, while the flow of NO
is controversial. Atomic nitrogen in the ground state and
the lowest metastable state N(2D) is formed in the upper
atmosphere by predissociation of N2 at 80–100 nm, electron
impact dissociation of N2, and ion reactions. N(2D) reacts
with CO2 and forms NO or is quenched by O and CO. N
and NO are the main product of nitrogen chemistry in the
upper atmospheres of Earth, Mars, and Venus. These species
recombine in N + NO → N2 + O. Some part of the atomic
nitrogen is transported to the nightside and excites the UV
nightglow of the NO γ and δ bands
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Fig. 12. Sulfur chemistry on Mars calculated for fSO2 =
0.1 ppb.
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boundary of an atmosphere is exobase, where l = 2 H and
the vertical collisional thickness is Σ σiniHi = 0.5. Here σi ≈
3 × 10 –15 cm2 is the collisional cross section. The martian
exobase varies from 180 to 250 km.
Ionization and dissociative ionization of the atmospheric
constituents by the solar extreme ultraviolet (EUV) and
photoelectrons, ion-neutral reactions, and dissociative recombination are the major photochemical processes in the
upper atmosphere. They form an ionosphere that extends up
to an ionopause with a mean dayside altitude of ~300 km
on Mars. A perturbed solar wind environment is above the
ionopause.
The solar EUV radiation varies with solar activity approximately proportional to its index F10.7 cm (the solar
flux at 10.7 cm) that is typically between 70 and 220 units
at 1 AU and 25 to 100 units at Mars’ elliptic orbit. Two
major solar cycles have periods of 11 yr and 28 d, respectively. Variations of the solar EUV strongly affect density,
composition, thermal balance, and dynamics of the upper
atmosphere and ionosphere. Variations of the exospheric
temperature T∞ with the solar activity in observations and
models are shown in Fig. 13.
The ionization is maximum at 2σN = 1; here 2 is the
mean airmass and σ ≈ 2.5 × 10–17 cm2 is the mean EUV
absorption cross section of CO2. This gives the CO2 column at the ionization peak N ≈ 2 × 1016 cm–2, which is at
~130 km. The absorption is weak above ~160 km, and the
atmosphere becomes isothermal. The neutral and ion species are subject to separation by molecular and ambipolar
diffusion, respectively.
Almost all ionization and dissociative ionization events
finally result in dissociation of 1 and 2 CO2 molecules,
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Fig. 13. Exospheric temperature as a function of the solar
activity index retrieved from the MGS densities at 390 km
(solid line) compared with other observations and models of
T1. Linear fit to the other observations is shown by dashed
line. Thin lines are models by Bougher et al. (2000, 2008,
2009) (lines 1, 2, and 3, respectively). Model by GonzalezGalindo et al. (2009) is similar to line 3. All models are
shown for the fall equinox. From Krasnopolsky (2010a).

respectively. Neutral and ion compositions at medium solar
activity on Mars are shown in Fig. 14. They were calculated
using a code from Krasnopolsky (2002) with F10.7 cm and
T∞ as input parameters. Similar figures were presented in
Krasnopolsky (2002) for low and high solar activity. The
calculated O and CO agree with the Mariner, Viking, and
MEX observations (Table 1). Atomic hydrogen profiles are
very sensitive to the exospheric temperature and agree with
the Mariner and MEX observations of H and the FUSE
observation of H2. HD is chosen at 12 ppb at and below
80 km to fit D observed by HST (Krasnopolsky et al., 1998).
Profiles of O2+ and CO2+ at low solar activity are similar
to those measured by the Viking entry probes (Hanson et
al., 1977); the observed and calculated profiles of O+ are
significantly different. Fox et al. (1996) calculated N and
NO chemistry for various solar activity.
2.3. Variations of Mars Photochemistry in
One-Dimensional Models
2.3.1. Steady-state models for local conditions. Changes
in temperature and dynamics induce variations of the H2O
abundance and its vertical distribution, and H2O controls
Mars’ photochemistry. Variations of the martian photochemistry may be studied by one-dimensional models assuming
that local productions and losses of species exceed their
delivery and removal by winds. These models are designed
to reproduce odd oxygen and odd hydrogen, while the
long-living products O2, CO, and H2 may be adopted at
their observed values. Using the data from Fig. 11 and
Table 3, lifetimes of odd oxygen and odd hydrogen are
~105 and ~2 × 105 s, i.e., on the order of 1 d, and these
species may vary on a daily scale. This estimate agrees
with the observations.
Liu and Donahue (1976) calculated a model with various abundances of water vapor. They proved anticorrelation
between water and ozone that was, however, insufficient to
explain the observed abundances of ozone up to 40–60 μmatm in the subpolar regions at the end of winter. Photolysis
of the abundant ozone enhances production of odd hydrogen
in the reaction of O(1D) + H2, preventing a further increase
of O3 even in the lack of H2O. The study of Kong and
McElroy (1977b) involved condensation of H2O and then
H2O2, reduced O3 and H2O2 photolysis rates at large airmass
and high ozone, and influx of atomic oxygen from middle
latitudes. They succeeded at explaining the variations in
ozone (Fig. 15) observed by Mariner 9.
Clancy and Nair (1996) argued that the enhanced solar
heating near perihelion (LS = 251°) stimulates dust storms,
and the atmosphere at low and middle latitudes is dust-free
and cold near aphelion (LS = 71°), and dusty and therefore
warm near perihelion. This changes the condensation level of
H2O from ~10 to ~40 km, respectively, and induces significant seasonal variations of odd hydrogen (by 1 and 2 orders
of magnitude at 20 and 40 km, respectively) and the overall
photochemistry. They calculated a model of seasonal variations of Mars’ photochemistry at 30°N using the adjusted
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kinetic data from Nair et al. (1994, section 2.2.2). The calculated O3 column varied from 1.0 μm-atm at perihelion to
3.2 μm-atm at aphelion. The growth is mostly due to ozone
near 20 km that increases by an order of magnitude. Their
model motivated Krasnopolsky (1997) to initiate regular
groundbased observation of the O2 dayglow as a photochemical tracer (Fig. 4). The O2 dayglow at 1.27 μm is excited by
photolysis of O3 and quenched by CO2 below ~15 km. It is
more sensitive to ozone near ~20 km than the O3 column.
Krasnopolsky (2006a) argued that contrary to the claimed
anticorrelation of O3 with H2O, both the O2 dayglow and
ozone observations near aphelion (LS ≈ 40°–130°) show
rather constant values at latitudes from 20°S to 60°N, while
the water vapor abundance increases by an order of magnitude in this latitude range. Variations of the condensation
level appear to be insufficient to explain this behavior, and
heterogeneous loss of H2O2 at the water ice particles was
suggested and added to the gas-phase chemistry in Table 3
to simulate the observed seasonal and latitudinal variations
of Mars photochemistry. The adopted reaction probability
was 5 × 10–4 and 3 × 10–4 in two versions of the model
(Krasnopolsky, 2006a, 2009b), much smaller than the uptake
coefficient recommended from laboratory studies (Crowley
et al., 2010). However, the measured uptake of H2O2 on ice
is reversible, and therefore the adopted reaction probabilities
(irreversible sinks) appear plausible. The ice aerosol was
calculated assuming the particle radius of 2 μm (Montmessin et al., 2004).
Krasnopolsky (2006a, 2009b) combined T(z), H2O, and
aerosol observations from the MGS TES database with
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Fig. 14. Model for the composition of Mars’ upper atmosphere and ionosphere at medium solar activity. Updated
from Krasnopolsky (2002, 2010a).
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variable heliocentric distance, daytime duration, and mean
cosine of solar zenith angle to calculate photochemistry at
~100 seasonal-latitudinal points. The latitudinal coverage
was ±50° centered at the subsolar latitude, because H2O
becomes smaller than ~1 pr. μm and could not be measured
by TES beyond this range. The calculated O3, O2(1Δg),
and H2O2 columns were interpolated to make seasonallatitudinal maps.
The first version of the model was calculated before
the SPICAM ozone data became available and fitted the
groundbased and HST ozone measurements (Fig. 2). These
O3 abundances exceeded those retrieved from the SPICAM
observations (Fig. 7) typically by a factor of 1.5–2, and
the second version (Figs. 4 and 16) was aimed to fit the
SPICAM ozone. The SPICAM-IR observations of the O2
dayglow (Fig. 9) corrected for the local-time variations
agree with the groundbased data (Fig. 4). The agreement
between the model and the O2 dayglow observations is also
good except for the observed very bright region at 65°S
and LS = 173°.
The adopted heterogenous loss of H2O2 on the ice aerosol explains the observed minimum of H2O2 near aphelion,
when H2O is very abundant (Figs. 5 and 6). The model is
in good agreement with all observed photochemical tracers
[O3, O2(1Δg), H2O2].
2.3.2. Time-dependent models. These models were
calculated by Krasitsky (1978), Shimazaki (1981), Garcia
Munoz et al. (2005), Krasnopolsky (2006a), and Zhu and Yee
(2007). Ozone at low latitudes was calculated by Krasitsky
(1978) at ~10 μm-atm during the nighttime and ~6 μm-atm
during the daytime, above the observed values. Shimazaki
(1981) calculated variations of photochemistry at 65°N
for the whole martian year with a time step of 12 min. To
gain the computation time and stability of the solution, he
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Fig. 15. Model of latitudinal variations of ozone at two
seasons (Kong and McElroy, 1977b). This model fits the
Mariner 9 observations (Barth et al., 1973) in the polar and
subpolar regions.
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adopted the assumption that odd hydrogen is not affected by
the vertical transport. The calculated ozone increased from
0.2 μm-atm at LS ≈ 90° to 3 μm-atm at 200°, 30 μm-atm
at 230°–310°, a peak of 55 μm-atm at 345°, and a steep
decrease to ~1 μm-atm at 30°, in reasonable agreement with
the current observations and model (Fig. 7).
Garcia Munoz et al. (2005) calculated a model for 20°N
at equinox to simulate diurnal variations of the O2 and OH
airglow and ozone. The calculated O2 dayglow at 1.27 μm
peaks near 13 hr, in accordance with the observations (Krasnopolsky, 2003b), with an intensity of 0.6 and 0.95 MR
for quenching by CO2 of 2 × 10–20 and 10–20 cm3 s–1,
respectively. The O2 nightglow excited by the O + O +
M reaction is constant at 25 kR. The OH nightglow was
calculated for excitation by H + O3 → OH(v) + O2 and two
extreme cases of quenching by CO2 to either v = 0 or Δv =
1. The strongest bands for these cases are (4–2) 1.58 μm
and (1–0) 2.80 μm with intensities of 0.18 kR and 12 kR,
respectively. The calculated ozone peaks at 0.55 μm-atm
near 13 hr; the nighttime values are flat at 0.22 μm-atm.
Krasnopolsky (2006a) calculated models for subsolar
latitudes near equinox (LS =173°) and the northern summer
maximum (LS = 112°, July 15 in the terrestrial calendar).
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Fig. 17. Variations of the observable photochemical products with local time in two seasons (Krasnopolsky, 2006a).
The O2 airglow at 1.27 μm is excited by photolysis of O3
(solid lines) and by O + O + M (dotted lines); the latter
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rate coefficient of this reaction.
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to provide a realistic description of the three-dimensional
field of water vapor and its variations at all scales, which
is a crucial advantage for constraining properly the fast
chemistry of the lower atmosphere. Martian GCMs are
discussed by Forget and Lebonnois (this volume), and here
we consider photochemical aspects of those models.
Seasonal variations on Mars are complicated by both
the obliquity and the elliptic orbit, and are very prominent
because of the comparatively thin atmosphere. Mars’ photochemistry is relatively simple and may be involved in
GCMs in its full extent. That is why the importance and
success of the photochemical GCMs are so evident and
impressive for Mars. These martian models are the most
advanced tools available for simulating variations of the
basic atmospheric properties.
There are currently two martian photochemical GCMs:
that of Lefèvre et al. (2004, 2008, 2009) (hereafter LMD
GCM), and that of Moudden and McConnell (2007) and
Moudden (2007). Because of the long computation time
involved, photochemical GCMs have up to now been essentially applied to the analysis of short-lived species. Lefèvre
et al. (2004) characterized the three-dimensional variations
of ozone in the atmosphere of Mars, and later demonstrated
the importance of heterogeneous chemistry to reproduce the
observations of ozone or H2O2 (Lefèvre et al., 2008). The
model included the heterogeneous loss of OH and HO2 on
the ice aerosol with uptake coefficients of 0.03 and 0.025
(Cooper and Abbatt, 1996), respectively. Recently, the LMD
GCM was able to successfully reproduce the polar nightglow
of O2 (section 2.1). Applications of this GCM to the methane problem (section 2.5) are in Lefèvre and Forget (2009).
The MGS TES observations of the H2O column variations are summarized in Fig. 5. Distributions of H2O calcu-

lated by LMD GCM at aphelion and perihelion are shown in
Fig. 18. The H2O saturated vapor pressure varies from 150
to 210 K by 5 orders of magnitude, and the model reflects
this behavior, which induces variations of odd hydrogen
(Fig. 19). There is a significant increase in the H densities
in the winter polar regions by the downwelling circulation. The calculated variations of H2O2 at low latitudes are
shown and compared with the observations and models
by Krasnopolsky (2009b) and Moudden (2007) in Fig. 6.
Vertical zonally-mean distributions of daytime odd
oxygen (O and O3) computed by LMD GCM are shown in
Fig. 20. The calculated seasonal evolution of the daytime
O3 column is compared with the SPICAM observations
in Fig. 7.
The chemical lifetime of O exceeds a month above
60 km. O atoms may therefore be transported quasipassively from low and middle latitudes on the dayside
into the polar night, where they are brought toward lower
altitudes by the downwelling circulation above the winter
pole (Fig. 21) and excite the polar nightglow that was observed by three instruments (section 2.1).
Gagne et al. (2012) computed a map of seasonallatitudinal variations of the O2 dayglow based on the LMD
GCM. The map reproduces main features of the dayglow
variations shown in Fig. 4 and discussed above.
2.5. Methane and Related Problems
Methane was detected on Mars (Fig. 22) by four independent teams using groundbased (Krasnopolsky et al.,
2004; Mumma et al., 2009; Krasnopolsky, 2011c, 2012a;
Villanueva et al., 2013) and spacecraft (Formisano et al.,
2004; Fonti and Marzo, 2010; Geminale et al., 2011) inppmv
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struments. Despite the high spectral resolving power and
sensitivity in the groundbased observation, the detection
of the martian methane against the telluric methane that
exceeds it by a factor of ~104 is a difficult task. (This is
done using a Doppler shift from Mars’ geocentric velocity.) The MEX PFS and MGS TES spectrometers that were
used to study methane on Mars do not have the required
sensitivity and spectral resolution for an unambiguous
identification of CH4 (Zahnle et al., 2011). The detection
of CH4 is made by summing thousands of spectra, but
this does not suppress instrumental effects and systematic
errors. Overall, the spacecraft observations suggest highly
variable but generally stable methane on Mars with a mean
abundance of ~15 ppb.
Mean CH4 abundances from the groundbased observations are shown in Fig. 22. Methane was detected at 10 ppb
in January 1999 and 20–30 ppb in January–March 2003.
Observations in January 2006 gave an upper limit of 8 ppb
(Villanueva et al., 2013), and that in February 2006 showed
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10 ppb near Valles Marineris with a mean abundance of
~8 ppb (Krasnopolsky, 2012a). Observations by both teams
at the end of 2009 and the beginning of 2010 did not detect CH4 with upper limits of 7–8 ppb. Finally, a tunable
laser spectrometer onboard MSL’s Curiosity rover did not
detect methane with an upper limit of ~3 ppb (Webster et
al., 2013). These data favor episodic injection of methane
into the atmosphere in 1998 and 2003.
Methane cannot be formed photochemically on Mars, but
its delivery by comets and interplanetary dust is insignificant
(Krasnopolsky, 2006c), and geological and biogenic sources
are under consideration. Atreya et al. (2007) suggested
serpentinization, i.e., a set of hydrothermal reactions that
involves iron-bearing silicates, H2O, and CO2. Chassefière
(2009) considered the possibility of methane clathrates.
Alternatively, Krasnopolsky (2006c) argued that the lack
of volcanism, hot spots with endogenic heat sources, and
SO2 (which is more abundant than CH4 in terrestrial outgassing) favors biogenic methane. Methanogenic bacteria exist
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on the Earth, and even prior to the detection of methane
methanogenesis in net reactions
4 H2 + CO2 → CH4 + 2 H2O + 1.71 eV
4 CO + 2 H2O → CH4 + 3 CO2 + 0.48 eV
was considered as a plausible pathway of metabolism on
Mars.
Gas-phase loss of CH4 on Mars involves its photolysis
by solar Lyman-a at ~80 km and reactions with OH and
O(1D) with a total lifetime of ~300 yr. Therefore variations
of methane on Mars require an unknown heterogeneous loss
with a characteristic time shorter than the global-mixing
time of ~0.5 yr (Krasnopolsky et al., 2004; Lefèvre and
Forget, 2009). Krasnopolsky (2006c) concluded that the heterogeneous effect of dust is smaller than that of the surface
rocks if they are of the same composition. He considered
kinetic data on reactions of CH4 with metal oxides, superoxide ions, and in the classic Fischer-Tropsch process used
to make synthetic gasoline. Trainer et al. (2011) established
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upper limits to trapping of methane by the polar ice analogs. All these reactions are extremely slow at the martian
temperatures and cannot explain the observed variations of
methane. We do not consider effects of electrochemistry in
dust devils that were overestimated by orders of magnitude
by applying a steady-state model to those transient events.
Search for organics by the Viking instruments resulted in
restrictive upper limits (Biemann et al., 1976).
Lefèvre and Forget (2009) and Mischna et al. (2011)
simulated variations of methane on Mars using their GCMs.
The only variations obtained with the LMD GCM and the
conventional gas-phase chemistry are those induced by
condensation and sublimation of CO2 at the polar caps,
similar to those observed for CO and Ar, with no significant
variations at other latitudes. GCMs have tested the behavior
of methane under various assumptions on its sources and
heterogeneous sinks, their locations, and temporal variations, without reconciling current observations of methane
and the known atmospheric chemistry and dynamics.
Overall, the problem of methane on Mars, including its
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variations, origin, and chemistry, remains an enigma and
needs further study.
2.6. Conclusions: Unsolved Problems
Overall, there has been significant progress in the study
of Mars’ photochemistry and its variations in the last decade. The MGS TES database; observations by the MEX
and MRO orbiters; data from the HST, EUVE, FUSE, and
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to our knowledge of the martian atmosphere. Photochemical
GCMs have resulted in a breakthrough in modeling of variations in Mars’ photochemistry, but some problems remain.
The difference of a factor of 8 between the observed and
calculated CO abundances is puzzling. The CO abundance
is well measured and its production by photolysis of CO2
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smaller as well. A similar effect could be for a low quantum
yield of the H2O photolysis at 190 nm. However, a significant reduction in odd hydrogen would change the entire
photochemistry to that in the early models.
Advancements in computer power will make it possible
in the future to run GCM simulations for a thousand years.
This will allow calculations of the evolution of the longliving O2, CO, and H2, and will perhaps help to solve the
CO problem.
Many aspects of the methane problem are unclear, especially its geographic and temporal variations, which that
remain at odds with the known atmospheric chemistry and
physics. Solving this enigma will require detailed highquality spacecraft observations by a specially-designed
instrument and experiments in the laboratory.
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has not been yet detected. H2O profiles were observed in a
narrow seasonal and latitudinal range and remain uncertain.
The same is true of ozone nighttime profiles; daytime ozone
profiles and profiles of the O2 dayglow at 1.27 μm have
not been published. NO has not been detected in the lower
atmosphere, and its chemistry is therefore speculative. Some
important kinetic data are uncertain: A rate coefficient of
termolecular formation of O3 is poorly known for M = CO2
and is obtained by scaling of that for N2; quenching of
O2(1Δg) by CO2 is uncertain as well. This list of problems
may be continued.
3. VENUS
Venus’ size (R = 6051 km) and mass are close to those
of Earth with gravity g = 887 cm s–2, and it is on a circular
orbit of 0.72 AU with a small obliquity. The solid Venus
exhibits a retrograde (clockwise) rotation with a period
of 243 d. Venus’ atmosphere is very dense and hot, with
surface pressure and temperature of 92 bar and 735 K,
respectively. Dynamical processes accelerate rotation of
the atmosphere, which has a period of 4 d at the cloud
tops (~70 km). There are therefore no seasons on Venus,
although latitudinal variations of some atmospheric properties exist. Diurnal variations may be prominent near and
above the cloud tops but are not expected in the bulk cloud
layer and below the clouds, where the atmosphere is dense
and typical lifetimes are long.
We will discuss below observations and photochemical
modeling of the Venus chemical composition below 112 km,
which was the upper boundary in models by Yung and
DeMore (1982) and later models. This boundary is similar
to that of 80 km on Mars: The atmospheric densities are
similar, and it is possible to neglect molecular diffusion
and ionization processes below these boundaries. We will
also consider the nighttime chemistry and the nightglow
excitation on Venus, and the upper boundary will extend
to 130 km in that case.
3.1. Observations of the Chemical Composition
A brief summary of the Venus atmospheric composition is given in Table 4. CO2 was detected by Adams and
Dunham (1932); much later Moroz (1964) observed CO.
Fourier transform high-resolution spectroscopy resulted in
a breakthrough in the planetary studies and detections of
HCl, HF, and a more reliable detection of CO (Connes et
al., 1967, 1968). The first Venera landing probes established the abundance of N2 at a few percent (Vinogradov
and Surkov, 1970; Keldysh, 1977). Mass spectrometers and
gas chromatographs on Veneras 11–14 and Pioneer Venus
landing probes measured abundances of N2, CO, SO2, and
the noble gases (Table 4). Variations of SO2 near the cloud
tops were observed from the Pioneer Venus orbiter and in
rocket experiments, and variations of SO2 and H2O were
measured in the upper cloud layer by the Venera 15 orbiter.
Further progress in the studies of the chemical compo-

sition was related to a discovery of the strong nighttime
emissions at 1.74 and 2.3 μm by Allen and Crawford (1984).
Krasnopolsky (1986, p. 181) argued and Kamp et al. (1988)
and Crisp et al. (1989) proved that these emissions originate
from the hot lower atmosphere in the CO2 transparency windows. Bands of other gases in these windows as well as in
those at 1.28, 1.18, and 1.1 μm may be used to measure their
abundances. High-resolution spectroscopy of the nighttime
emissions revealed absorptions by CO2, CO, H2O, HDO,
OCS, HCl, and HF; OCS was unambiguously detected for
the first time on Venus (Bezard et al., 1990). A composite
analysis of the observations by a few teams was made by
Pollack et al. (1993) and Taylor et al. (1997). Radio occultations by the Mariner 10 and Magellan orbiter and microwave
observations using the Very Large Array measured vertical
profiles of gaseous H2SO4 in the lower atmosphere.
The latest achievements in the field are relevant to the
Venus Express (VEX) orbiter and groundbased submillimeter and infrared observations. Solar occultations using
VEX’s Solar Occulation at Infrared (SOIR) and stellar
occultations using VEX’s Sectroscopy for Investigation of
Characteristics of the Atmosphere of Venus (SPICAV) resulted in vertical profiles of H2O, HDO, CO, HCl, HF, SO2,
and SO at 70–100 km (Fedorova et al., 2008; Vandaele et
al., 2008; Belyaev et al., 2012) and detection of the nighttime ozone (Montmessin et al. 2011). Variations of SO2,
H2O, CO, and OCS were measured near the cloud tops and
in the lower atmosphere by SPICAV and the Visible and
Infrared Thermal Imaging Spectrometer (VIRTIS) (Marcq
et al., 2008, 2011; Belyaev et al., 2012).
Vertical profiles of CO at 70–100 km and mesospheric
abundances of H2O, SO2, SO, and a restrictive upper limit
to H2SO4 vapor were measured from the groundbased submillimeter observatories (Clancy et al., 2012a; Sandor and
Clancy, 2005; Sandor et al., 2010, 2012). NO and OCS
were detected for the first time at the cloud tops (Krasnopolsky, 2006b, 2008). Lightning is the only source of NO
in Venus’ lower atmosphere, and the detection of NO is an
unambiguous indication of lightning on Venus. Variations
of CO, HCl, HF, H2O, OCS, and SO2 were observed by
means of groundbased spatially-resolved high-resolution IR
spectroscopy (Krasnopolsky, 2010b, 2010c; Krasnopolsky
et al., 2013). Observations of the Venus nightglow will be
considered in section 3.4.
3.2. Chemistry of the Lower Atmosphere
While the martian chemistry is restricted to mostly the
CO2-H2O interactions and products, Venus’ chemistry involves seven elements (O, C, S, H, Cl, N, F). Their parent
species are CO2, SO2, H2O, HCl, NO, and HF. The very
dense and hot lower atmosphere with p = 92 bar and T =
735 K significantly complicates its modeling as well.
All published models neglect the fluorine chemistry. It
is expected to be rather similar to the chlorine chemistry,
but HCl is more abundant than HF by a factor of 100.
Furthermore, the HCl and HF photolyses begin at 230 and
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TABLE 4. Chemical composition of Venus’ atmosphere below 112 km.
Gas

h (km)

Mixing Ratio

References

CO2
N2

—
—

0.965
0.035

He

—

9 ppm

Ne
Ar

—
—

7 ppm
70 ppm

Kr
Xe
CO

—
—
100
75
68
36–42
36

20 ppb
<7 ppb
10–4–10–3
20–70 ppm
40 ppm
30 ppm
27 ppm

22
12
65
95
100
70–95

20 ppm
17 ppm
<1018 cm–2
5 × 107 cm–3
1 ppm
1.5 ppm

70

3 ppm

62
0–45

8 ppm
30 ppm

70–105
94–105
70

~150 ppb
~0 ppb
400 ppb

15–30
70

500 ppb
4 ppb

30–40
65
90–105
85–100
80
70

5 ppb
5.5 ppb
100–700 ppb
23 ppb
10–70 ppb
20–2000 ppb

62
40

400 ppb
130 ppm

22
95–105
85–100
65
33
85–100
46

180 ppm
50–700 ppb
8 ppb
1–8 ppb
3.5 ppm
<3 ppb
2–10 ppb

15
6
15
6
70

18 ppt
11 ppt
6 ppt
<8 ppt
<23 ppb

Adams and Dunham (1932), Connes et al. (1967), Moroz (1968)
Gelman et al. (1979), Istomin et al. (1980), Hoffman et al. (1980), Oyama et al.
(1980)
Kumar and Broadfoot (1975), von Zahn et al. (1980), Krasnopolsky and
Gladstone (2005)
Hoffman et al. (1980), Istomin et al. (1980), Oyama et al. (1980)
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180 nm, respectively, and the latter is strongly depleted by
CO2 absorption.
3.2.1. H2O-H2SO4 system in Venus’ clouds and kinetic
problem for OCS and CO. Sulfuric acid is a main product of photochemistry in the middle atmosphere of Venus
(see section 3.3). A coupled problem of diffusion and
condensation in a two-component aerosol was solved by
Krasnopolsky and Pollack (1994) for a downward flow of
H2SO4-H2O in the Venus clouds at 47–65 km. The model
(Fig. 23) properly simulates variations of the H2O mixing
ratio, concentration of sulfuric acid, altitude of the lower
cloud boundary, and some features of the cloud structure
[the upper, middle, and lower cloud layers (Knollenberg
and Hunten, 1980)]. It agrees with the observations of H2O
at the cloud tops and H2SO4 vapor near the cloud bottom.
The model did not involve any assumptions regarding the
sulfuric acid concentration.
Krasnopolsky and Pollack (1994) concluded that thermochemical equilibrium calculations may serve as an approximation for the chemical composition near the surface
and are generally invalid in the lower atmosphere. Chemical
kinetics should therefore be applied to model the chemical
composition. They solved a partial chemical kinetic problem
for OCS, CO, H2SO4, and SO3 in the lower atmosphere to
simulate the observational data from Pollack et al. (1993).
They suggested that the observed decrease of OCS and
increase of CO with altitude may be explained by reactions
H2SO4 → H2O + SO3(R1)
SO3 + OCS → CO2 + (SO)2(R2)
(SO)2 + OCS → SO2 + CO + S2
(R3)
Net H2SO4 + 2 OCS →
H2O + CO2 + SO2 + CO + S2(R4)

of disequilibrium photochemical products from the middle
atmosphere and thermochemical reactions in the lowest
scale height. Exchange of species at 47 km between the
lower and middle atmosphere involves the following net
processes
CO2 + SO2 + H2O → H2SO4 + CO 5.7 × 1011 cm–2 s–1
OCS + 2 CO2 → SO2 + 3 CO
V[OCS]47 km
H2S + CO2 → H2O + CO + S
V[H2S]47 km
A flow of chemically neutral CO2 and SO2 from the
lower atmosphere is returned as a flow of oxidizing sulfuric
acid and reduced CO. The column rate of this net process is
similar in the photochemical models by Mills (1998), Mills
and Allen (2007), Zhang et al. (2012), and Krasnopolsky
(2012a) and may be used with some confidence as an upper
boundary condition in the model for the lower atmosphere.
Two other reactions simulate upward flows of OCS and
H2S driven by photolyses of these species in the middle
atmosphere. Here V = K/2H, i.e., their rates are half of
the limiting diffusion flow. The parent species CO2, SO2,
H2O, HCl, and NO are fixed at the lower boundary at the
surface by their measured abundances. The boundaries are
closed for other species in the model, i.e., their fluxes are
zero at the boundaries.
Direct and inverse thermochemical reactions are balanced at thermodynamic equilibrium. However, this balance
is broken because of the appearance of the disequilibrium
species and gas exchange with atmospheric layers having
different temperatures and compositions.
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A rate coefficient of the basic reaction between SO3 and OCS
was estimated at 10–11 e–10000/T cm3 s–1, i.e., ~10–22 cm3 s–1 at
400 K. The calculated abundances agreed with the observations. Fegley et al. (1997) later combined thermodynamics
with some kinetic considerations to study the chemical
composition in the lowest 10 km on Venus.
3.2.2. Self-consistent chemical kinetic model. The next
step in the problem was a self-consistent chemical kinetic
model for the lower atmosphere (Krasnopolsky, 2007b,
2013a). By “chemical kinetic modeling” we mean what
is usually referred to as photochemical modeling, but applied to atmospheric regions where photolysis is relatively
unimportant. Observations at the Venera 14 landing probe
using a filter with a bandpass of 320–400 nm (Ekonomov et
al., 1983) showed that the solar light at λ < 400 nm is depleted at 62 and 60 km by factors of 7 and 45, respectively.
Therefore photolyses of S3 and S4 are the only important
photochemical processes in the model that extends from
the surface to the lower cloud boundary at 47 km. Spectra
of scattered solar radiation at various altitudes were taken
from the Venera 11 observations (Ekonomov et al., 1983).
Apart from the S3 and S4 photolyses, there are two other
sources that drive chemistry in the lower atmosphere: fluxes
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Fig. 23. Calculated mixing ratios of H2O and H2SO4 vapors
(solid lines), H2O/H2SO4 ratio in the sulfuric acid aerosol
(short dashes), and fluxes of H2SO4 in the liquid phase
(long dashes, in 1012 cm–2 s–1) and sulfuric acid aerosol
(dash-dotted curve, in 10–10 g cm–2 s–1). The curves of the
aerosol flux remind the structure of Venus’ clouds. From
Krasnopolsky and Pollack (1994).
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S2 + S2 + M → S4 + M
S4 + hν → S3 + S
S3 + hν → S2 + S
2(S + OCS → CO + S2)
Net 2 OCS → 2 CO + S2
that was suggested by Yung et al. (2009). Similar to the
R1–R4 cycle, it forms CO and S2 from OCS. This cycle
without R2 and R3 cannot fit the observational constraints
for OCS, CO, S3, and S4. Inclusion of the S4 cycle in the
model improves its agreement with the observations.
Chemistry of the lower atmosphere is driven by sulfur
that is formed by
(CO + SO2 → CO2 + SO) × 2
SO + SO → SO2 + S
Net 2 CO + SO2 → 2 CO2 + S
with a rate of 3 × 1010 cm–2 s–1. Exchange of S between SX
and OCS is stronger by 2 orders of magnitude and results
in significant variations of both species (Fig. 24) while
their sum is constant at 20 ppm. S8 is a dominant sulfur
allotrope at 47 km with a mixing ratio of 2.5 ppm. This
sulfur should condense near 50 km and form an aerosol
layer ~5 km thick.
It was previously thought that aerosol sulfur appears
in the cloud layer because of the photochemistry in the
middle atmosphere (Toon et al., 1982; Young, 1983). The
models by Mills (1998), Mills and Allen (2007), Zhang et
al. (2012), and Krasnopolsky (2012a) do not support this
expectation and give a very low production of free sulfur.
Now we see that the significant abundances of free sulfur
are formed in the lower atmosphere and condense in the
middle cloud layer. This sulfur cannot be the second NUV
absorber that appears near 60 km (Ekonomov et al., 1983).
A sum of CO and OCS is also almost constant at
~37 ppm. The CO flow from the middle atmosphere is
removed by R1–R4 with minor contributions from other
reactions. The OCS mixing ratio varies by 2 orders of
magnitude within this sum.
The model agrees with the observed values of CO, OCS,
H2SO4, S3, and S4. The predicted abundances and vertical
profiles of H2, H2S, and SO2Cl2 (Fig. 24) may be used
for various applications. The values for H2S and H2 near
the surface are close to those calculated by Krasnopolsky
and Parshev (1979) and Fegley et al. (1997), assuming
thermochemical equilibrium. SO2, H2O, HCl, and NO are

constant in the lower atmosphere at their adopted values
at the lower boundary.
3.2.3. Sulfur atmospheric cycles. The nightside spectroscopy results and their simulations in the model are
incompatible with the concept of the sulfur atmospheric
cycles in Prinn (1985) and von Zahn et al.(1983). Basic
processes of that concept are photolysis of OCS, formation
of SO2, SO3, and Sx above the clouds, and
SO3 + 4 CO → OCS + 3 CO2
CO + (1/x) Sx → OCS
below the clouds. Here OCS is formed by the species moving down from the middle atmosphere, and its mixing ratio
should be rather constant below the clouds, opposite to that
observed. Furthermore, the required flux of CO from the
middle atmosphere should exceed that of sulfuric acid by
more than a factor of 4, while they are almost equal in the
current models (section 3.3).
Krasnopolsky (2007b, 2013a) modified the concept of
the sulfur atmospheric cycles. Combining this model and
that for the middle atmosphere (Krasnopolsky, 2012b), the
major net effect of photochemistry is
CO2 + SO2 → SO3 + CO
The SO2 lifetime is on the order of months in the middle
atmosphere, and the above reaction may be considered as
a fast atmospheric cycle.
Production of reduced sulfur SX + OCS by
SO2 + 2 CO → 2 CO2 + S
results in mutual transformations within reduced sulfur,
including
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The model involves 89 reactions of 28 species. Calculated mole fractions of the most abundant species are shown
in Fig. 24. The lack of rate coefficients for many reactions
was a significant problem that was solved using similar
reactions of other species and thermodynamic calculations
of inverse processes. R2 and R3 are the main reactions that
convert the downward flow of H2SO4 and the upward flow
of OCS into the flows of CO and S2. The model includes
a S4 cycle
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Fig. 24. Profiles of the major species in the model for the
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SO3 + 2 OCS → CO2 + CO + SO2 + S2
S + OCS → CO + S2
S + CO + M → OCS + M
condensation of sulfur aerosol near 50 km, and loss of
reduced sulfur in the middle atmosphere by
OCS + 2 CO2 → SO2 + 3 CO
may be considered as a slow atmospheric cycle, because
the lifetime of reduced sulfur is ~3 × 104 yr.
The geological cycle of sulfur remains unchanged (Prinn,
1985; Fegley and Treiman, 1992) and includes formation of
OCS from pyrite
FeS2 + CO2 + CO → FeO + 2 OCS
and return of pyrite via reaction of the abundant SO2 with
carbonate
SO2 + CaCO3 → CaSO4 + CO
2 CaSO4 + FeO + 7 CO → FeS2 + 2 CaCO3 + 5 CO2
3.2.4. Latitudinal variations of CO and OCS. According to the VEX VIRTIS observations (Marcq et al., 2008),
CO near 36 km varies from 24 ppm near the equator to
31 ppm at 60ºN and S. Variations of OCS at 33 km are
opposite: 4.1 ppm and 2.5 ppm, respectively. Yung et al.
(2009) applied their two-dimensional transport model and
included a conversion of OCS into CO by an unidentified
process with a rate of 10−8 s−1. The calculated latitudinal
variations of OCS agree with the observations while those
of CO are smaller than observed. The sum of OCS and
CO is constant in the model but varies in the observations.
3.3. Photochemistry of the Middle Atmosphere
3.3.1. History of the problem. Prinn (1971) was the
first to recognize the importance of ClOx chemistry on Venus, before this chemistry was even understood in Earth’s
atmosphere. Krasnopolsky and Parshev (1981, 1983)
calculated a photochemical model with a ClCO cycle and
related ClCO chemistry that dominate in recombination of
CO with O and O2 on Venus. Yung and DeMore (1982)
argued that the reaction
ClCO + O2 → CO2 + ClO
from the model by Krasnopolsky and Parshev (1981, 1983)
proceeds in two steps
ClCO + O2 + M → ClCO3 + M
ClCO3 + Cl → CO2 + Cl + ClO
Net ClCO + O2 → CO2 + ClO
with the same net result, and this was later confirmed in the
laboratory (Pernice et al., 2004). Yung and DeMore (1982)

suggested three models based on abundant H2 (model A):
NO with a mixing ratio of 30 ppb produced by lightning and
significant H2 in model B, and the ClCO cycle in models B
and C. Observations have not confirmed the assumptions of
models A and B, and model C was the basic model, further
developed by Mills (1998) and Mills and Allen (2007).
Analysis of the SO2 and SO profiles at 70–105 km
observed by the SPICAV-UV and SOIR solar occultations
(Belyaev et al., 2012) revealed a deep minimum in the
SO2 mixing ratio at ~80 km. While the decrease from 70
to 80 km is caused by photolysis of SO2, the growth to
90–105 km requires a source in this region. Zhang et al.
(2010, 2012) suggested either photolysis of H2SO4 vapor
or oxidation of Sx vapor. They adopted T ≈ 250 K near
100 km on the nightside that is significantly above ~180 K
from radio occultations, observations of the O2 nightglow
at 1.27 μm, thermal sounding at 15 μm, and the Pioneer
Venus night probe data. Saturated vapor densities of H2SO4
and sulfur are higher at this temperature by a few orders
of magnitude; Zhang et al. (2012) adopted a peak H2SO4
mole fraction of 200 ppb at 96 km and the column ratio of
10 ppb above 85 km. Krasnopolsky (2011b) calculated a
profile of H2SO4 vapor by solving the continuity equations
that account for condensation and sublimation of H2O and
H2SO4 vapors, their photolyses, and vertical transport by
eddy diffusion. The calculated H2SO4 vapor densities are
extremely low and cannot explain the peak of SO2 near
100 km. Krasnopolsky (2011b) proposed that the sulfuric
acid aerosol particles of some specific sizes may simulate the
observed absorption ascribed to SO2 in Belyaev et al. (2012).
Microwave observations established an upper limit of 3 ppb
for H2SO4 vapor above 85 km (Sandor et al., 2012), which
is below the adopted abundance in Zhang et al. (2012).
3.3.2. Photochemistry at 47–112 km. Here we will
briefly discuss a global-mean model by Krasnopolsky
(2012b) that is extended down to 47 km to use some data
from section 3.2.2 as the lower boundary conditions. Numerical accuracy of the model is improved using a small
vertical step; the observations by the Venera 14 landing
probe at 320–400 nm (Ekonomov et al., 1983) are applied
to simulate the NUV absorption in the clouds; and the
standard ClCO kinetic data are used in the model. H2O
densities are calculated (not adopted) and the H2SO4 photolysis is negligible in the model. The model involves 153
reactions of 44 species, and the number of reactions was
significantly reduced by removal of unimportant processes.
Column reaction rates are calculated for all reactions and
make it possible to study balances for each species in detail.
These are the main features of the model.
Profiles of temperature and eddy diffusion in the model
are shown in Fig. 25a. Five versions of the model were
calculated with the eddy diffusion breakpoint he = 60 ±
5 km and fSO2 = 9.7 ± 0.5 ppm at 47 km. These minor
variations result in dramatic changes in photochemistry
and abundances of some species in the middle atmosphere.
Photolysis of CO2 forms CO with a column rate of 4.7 ×
1012 cm–2 s–1; photolysis of OCS is weaker by 2 orders of
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magnitude. Recombination of CO2 proceeds mostly via
the ClCO cycle

CO is compared with the observations in Fig. 25b.
Although SO2 is a minor constituent, its photolysis
exceeds that of CO2 by a factor of 2.5, initiating intense
sulfur chemistry. Formation of sulfuric acid aerosol is the
main feature of Venus’ photochemistry

CO + Cl + M → ClCO + M
ClCO + O2 + M → ClCO3 + M
ClCO3 + X → CO2 + Cl + XO
Net CO + O2 + X → CO2 + XO (3.42 × 1012 cm–2 s–1)

SO2 + O + M → SO3 + M
SO3 + 2 H2O → H2SO4 + H2O

where X = Cl, O, SO, SO2, and H. Reaction
These reactions proceed in a narrow layer near 66 km,
where the calculated H 2 O mole fraction of 2.5 ppm
(Fig. 25c) corresponds to monohydrate H2SO4•H2O. [The
peak altitude is higher than 62 km in Yung and DeMore
(1982) because the second UV absorber is included in the
model by Krasnopolsky (2012b).] The formation of sulfuric acid greatly reduces the SO2 mixing ratio to ~100 ppb
near 70 km (Fig. 26). SO produced by the SO2 photolysis

ClCO + O → CO2 + Cl
and photolysis of ClCO3 add 5 × 1011 cm–2 s–1 to the production of CO2. The odd hydrogen cycle and termolecular
reactions with O and S cover 5% of the CO production, and
the remaining CO forms a flux of 6.3 × 1011 cm–2 s–1 to the
lower atmosphere (section 3.2.2). The calculated profile of
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SO + SO + M → S2O2 + M
S2O2 + hν → SO2 + S
are more effective in this model. Atomic sulfur is mostly
lost in the reaction with O 2, which restricts the sulfur
aerosol formation.
Effects of minor variations of eddy diffusion on the
abundances of the basic sulfur species are shown in Fig. 26.
The eddy breakpoint he (Fig. 25a) is changed from 60 km
in the basic model to 55 and 65 km in the additional versions. Eddy diffusion controls the amount of SO2 that can be
delivered through the bottleneck near 66 km where sulfuric
acid forms. SO2 varies above 70 km within a factor of ~30,
and its variations induce variations of SO. Minor variations
of the SO2/H2O ratio at the lower boundary also result in
significant variations of SO2 and SO above 70 km.
The S atoms from the OCS photolysis react with either
CO (in termolecular association of OCS) or O2. The former
dominates below 60 km; that is why the steep decrease in
OCS occurs above 60 km (Fig. 26). The delivery of O2 by
eddy diffusion becomes weaker if the eddy breakpoint is
at 65 km, and the balance between the two reactions of S
moves to 65 km as well with a steep decrease in OCS above
65 km in this case. The abundance of the aerosol sulfur Sa
is mostly controlled by the delivery of O2 that depends on
the eddy diffusion breakpoint he, and Sa is very sensitive
to the variations of he (Fig. 26). Overall, there is a good
agreement between the model and the observations except
the problematic SO and SO2 above 90 km (section 3.3.1).
Water vapor (Fig. 25d) is also greatly affected by the
formation of sulfuric acid. The H2O mixing ratio is very
sensitive to small variations of the SO2/H2O ratio at the
lower boundary. The model H2O profile is in excellent
agreement with the observations.

The calculated vertical profiles of O2, O, O2(1Δg), and
O3 are shown in Fig. 25c. Reactions O + (ClO, NO2, O +
M, and OH) contribute 60, 23, 12, and 5% to the production of O2, respectively. The O2 total production is 5.8 ×
1012 cm–2 s–1 and removes 80% of oxygen atoms released
by photolyses of CO2 and SO2. O2 is lost in the ClCO cycle
as a difference between the reactions
ClCO + O2 + M → ClCO3 + M
ClCO3 + O → CO2 + O2 + Cl
This difference accounts for 57% of the O2 loss, and the
remaining 43% is by S + O2. The calculated O2 column
abundance is 7.6 × 1018 cm–2, exceeding the observed upper
limit (Table 3) by an order of magnitude. This is a traditional
problem of the O2 chemistry on Venus that remains unsolved.
Attempts to solve it by a significant increase of a ClCO
equilibrium constant (Mills, 1998, Mills and Allen, 2007) are
not justified by the laboratory data and result in insufficient
improvements for O2 and significant problems for CO.
Chlorine species in the middle atmosphere of Venus
(Fig. 27a) originate from photolysis of HCl that forms equal
quantities of H and Cl. Odd hydrogen is also formed by
photolysis of H2O. Its column rate is smaller than that of
HCl by a factor of 70. However, the H2O photolysis exceeds
that of HCl above 95 km, and the H densities are greater
than Cl above 95 km.
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above ~70 km regenerates SO2, mostly in the reactions with
ClO, NO2, and SO + O + M. The close balance between
the SO2 photolysis and the regeneration at 75–95 km and
the increasing eddy diffusion tends to keep a constant SO2
mixing ratio of ~30 ppb in the basic model at these altitudes
where [SO] < [SO2]. The regeneration reactions become
ineffective above 100 km. SO is the main photochemical
product of SO2 above 75 km. Reaction of SO + NO2 is
mostly responsible for the removal of SO below 75 km.
A sum of the SO2 and SO mixing ratios is nearly constant
above 80 km, SO2/SO ≈ 3 at 80–95 km, and SO dominates
above 100 km (Fig. 26).
Photolysis of OCS is strongly affected by absorption
by SO2 and the NUV absorber. [A few candidates were
suggested for this absorber, and the solution of ~1% FeCl3
in sulfuric acid is a plausible version (Zasova et al., 1981;
Krasnopolsky, 1986, 2006d) that is beyond this model.] The
calculated OCS abundances agree with the observations.
The aerosol sulfur (Fig. 26) is a minor species in the
model with a mixing ratio of 2.5 ppb below 60 km. Photolysis of SO was the main source of free sulfur in the
previous models. Reactions

2

90

5

2

80

SO

5
4

70

3

1
3

60

OCS

Sa

50
10–10

5

10–9

SO2

Sa
10–8

10–7

10–6

10–5

Mixing Ratio
Fig. 26. Basic sulfur species: model results and observations. SO2 (solid), OCS (short dashes), and SO (long dashes) profiles are shown for the models with the eddy break
at he = 55, 60, and 65 km. SO2 and SO are more abundant
while OCS and Sa are less abundant for he = 55 km. The
aerosol sulfur Sa mixing ratio is 4 × 10–11 at 47 km for he =
55 km and is not shown. Observations: (1) PV, Venera 15,
HST, and rocket data (Esposito et al., 1997); (2) mean
results of the submillimeter measurements (Sandor et al.,
2010); the observed SO2 varies from 0 to 76 ppb and SO
from 0 to 31 ppb; (3) IRTF/CSHELL (Krasnopolsky, 2010d);
(4) SPICAV-UV, nadir (Marcq et al., 2011); (5) VEX/SOIR
and SPICAV-UV occultations (Belyaev et al., 2012).
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Molecular chlorine is formed in termolecular association
Cl + Cl + M and via
Cl + X + M → ClX + M
ClX + Cl → Cl2 + X
Net Cl + Cl → Cl2
Here X = NO, SO2, O, CO, SO, and O2, in decreasing
order, and Cl2 immediately dissociates with a column rate
of 3.18 × 1013 cm–2 s–1 that significantly exceeds the rates
of the CO2 and SO2 photolyses.
A balance between odd hydrogen and chlorine species
is established via reactions
H + HCl → H2 + Cl
Cl + H2 → HCl + H
OH + HCl → H2O + Cl

(2.31 × 109)
(2.40 × 109)
(3.16 × 109)

Their column rates in parentheses are in cm–2 s–1. The first
and second reactions are opposite with almost equal rates.
The last reaction converts odd hydrogen into odd chlorine,
and this explains why the former is less abundant than the
latter below 95 km. The strong depletion of H2O by the formation of sulfuric acid and the depletion of odd hydrogen in
the last reaction diminish odd hydrogen chemistry on Venus.
The first and second reactions forms and removes H2,
respectively. Their altitude distributions are different, and
this difference results in a deep minimum of H2 at 72 km
(Fig. 27a). The H2 mixing ratio is 4.5 ppb below 65 km and
23 ppb above 95 km.
Loss of HCl in reactions
HCl + hν → H + Cl
HCl + OH → H2O + Cl
HCl + O → OH + Cl
Total

(9.46 × 1010)
(3.16 × 109)
(1.60 × 109)
9.94 × 1010 cm–2 s–1

is almost balanced by its production
Cl + HO2 → HCl + O2
H + Cl2 → HCl + Cl
H + ClSO2 → HCl + SO2
Total

(6.71 × 1010)
(2.49 × 1010)
(3.55 × 109)
9.56 × 1010 cm–2 s–1

The difference of 3.8 × 109 cm–2 s–1 is released as a flow of
SO2Cl2 into the lower atmosphere (section 3.2.2). This flow
exceeds by a factor of 2 the difference between the production of H2O in R51 HCl + OH and its loss by photolysis.
(The factor of 2 is because two odd hydrogen species are
formed by photolysis of H2O.) The calculated SO2Cl2 mixing ratio is 30 ppb at 68 km and 8 ppb at 47 km; the Cl2
mixing ratio is 22 ppb at 70 km.
The total chlorine mixing ratio is constant at 417 ppb
in the model, while HCl varies from 400 ppb at 47 km to
340 ppb at 66 km, then to 370 ppb at 90 km and 310 ppb
at 110 km. Scaling this profile of HCl to the observed
400 ppb near 70 km (Table 4) results in 490 ppb at 47 km,

in excellent agreement with 500 ppb at 15–30 km (Table 4).
However, the model does not support HCl ≈ 100–150 ppb
at 70–105 km in the SOIR observations (Vandaele et al.,
2008) and a steep decrease from ~400 ppb at 80 km to 0
at h > 94 km in the submillimeter observations by Sandor
and Clancy (2012).
Odd nitrogen chemistry was calculated by Yung and
DeMore (1982) in their model B for 30 ppb of NO and
500 ppb of H2 with a major cycle
H + O2 + M → HO2 + M
NO + HO2 → NO2 + OH
CO + OH → CO2 + H
NO2 + hν → NO + O
Net CO + O2 → CO2 + O
This cycle is weak at 5.5 ppb of NO and 4.5 ppb of H2 in
our model, and more important are the cycles
NO + O + M → NO2 + M
NO2 + O → NO + O2
Net O + O → O2
that provides a quarter of the O2 production
NO + Cl + M → ClNO + M
ClNO + Cl → NO + Cl2
Net Cl + Cl → Cl2
which is responsible for a third of the Cl2 production, and
NO + O + M → NO2 + M
SO + NO2 → SO2 + NO
Net SO + O → SO2
that compensates a quarter of the SO2 photolysis. The calculated profiles of some odd nitrogen species are shown in
Fig. 27b. Overall, NO below 80 km on Venus is important
as a convincing proof of lightning (Krasnopolsky, 2006b)
and an effective catalyst in the above cycles.
3.4. Venus Nightglow and Nighttime Photochemistry
3.4.1. Night airglow on Venus. The Venus nightglow
was discovered by the Venera 9 and 10 orbiters (Krasnopolsky et al., 1976; Krasnopolsky, 1983a) in the visible
range and studied in the laboratory (see, e.g., Slanger and
Copeland, 2003). The visible nightglow consists of the
Herzberg II, Herzberg I, and Chamberlain band systems
with mean intensities of 2700, 140, and 200 R, respectively.
Connes et al. (1979) detected a much brighter nightglow of
O2 at 1.27 μm with an intensity of ~1 MR using groundbased high-resolution spectroscopy. Later the O2 nightglow
at 1.27 μm (Fig. 28) was observed by Crisp et al. (1996),
Ohtsuki et al. (2008), Bailey et al. (2008), and Krasnopolsky
(2010b), and by VEX using the VIRTIS spectrograph. The
VEX observations (Piccioni et al., 2009) revealed both O2
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(0–0) and (0–1) bands at 1.27 μm and 1.58 μm, respectively.
Morphology of the Venus nightglow may be described by
four parameters (Table 5): intensity at a maximum 4πImax
that is near the antisolar point, local time of the maximum
LTmax, nightside mean intensity 4πI, and mean altitude of
the nightglow layer hpeak. These parameters for the VEX
O2 nightglow observations at 1.27 μm (Soret et al., 2012)
are given in Table 5.
Venus’ ultraviolet nightglow was detected by Feldman
et al. (1979) using the International Ultraviolet Explorer
(IUE) and studied by the Pioneer Venus orbiter (Stewart et
al., 1980). This nightglow consists of the (0–v′′) progressions of the γ (A → X) and δ (C → X) band systems of
NO that are excited by the two-body formation of NO (C,
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v = 0). The δ (0–1) band at 198 nm is the strongest feature,
and accounts for 18% of the total emission. The nightglow
parameters from the Pioneer Venus observations (Bougher et
al., 1990) are given in Table 5 and refer to solar maximum.
The NO nightglow is currently observed by VEX using the SPICAV UV spectrograph (Gerard et al., 2008).
The published morphology is still insufficient to derive
all parameters. The mean peak altitude is 113 km, and
the mean peak intensity at the limb is 32 kR. Assuming a
layer thickness of 20 km, one gets a mean vertical intensity
of 640 R. Most of the observations were made at LT = 0
to 2 hr, and a possible nightside-mean nightglow may be
~400 R (Table 5). The (0–0) transition between the upper
states of the δ- and γ-bands was detected at 1.224 μm as
well (Garcia Munoz et al., 2009a).
The O 558-nm line and the Herzberg II bands of O2
were detected and observed by Slanger et al. (2001, 2006)
using the High Resolution Echelle Spectrometer (HIRES)
spectrograph at the Keck Observatory. The Herzberg II
bands of O2 were recently observed by VEX’s VIRTIS by
summing of the limb spectra (Garcia Munoz et al., 2009b).
Similar to the Venera spectra, the O 558-nm line is not seen
in the VIRTIS data (Garcia Munoz et al., 2009b) and may
probably appear at some rare events of dense nighttime
ionosphere.
The VIRTIS observations revealed for the first time the
OH rovibrational bands in the Venus nightglow (Piccioni
et al., 2008; Soret et al., 2012). The observed nightglow
involves the Δv = 1 and 2 band sequences at 2.9 and 1.4 μm,
respectively. A mean limb intensity of the Δv = 1 sequence
is 350 kR (Soret et al., 2012), i.e., the vertical intensity is
~7 kR. The sequence consists of the (1–0), (2–1), (3–2),
and (4–3) bands with relative intensities of 45, 39, 9, and
7%, respectively. The Δv = 2 sequence includes mostly
the (2–0) and disagrees with the Δv = 1 band distribution.
There is a significant correlation between the OH and O2
nightglows. Krasnopolsky (2010b) found a narrow window
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Fig. 27. (a) Some chlorine species and H2; (b) some nitrogen species. From Krasnopolsky (2012b).
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Fig. 28. Spectrum of Venus’ O2 nightglow at 1.27 μm; nine
emission lines are seen (Krasnopolsky, 2010b).
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TABLE 5. Morphology of Venus nightglow.
Nightglow

4πImax

LTmax

4πImean

hpeak (km)

Comment

O2(1Δg) 1.27 μm
NO, γ and δ bands
NO, γ and δ bands
OH 2.9 μm

1.6 MR
10.6 kR
—
—

0 hr
2 hr
—
0 hr

0.5 MR
2.2 kR
400 R
7 kR

98
115
113
97

VEX, solar min; Soret et al. (2012)
PV, solar max; Bougher et al. (1990)
VEX, solar min; see text
VEX, solar min; Soret et al. (2012)

for groundbased observations of the OH nightglow on Venus
and detected lines of the (1–0) and (2–1) bands that gave
the OH nightglow intensities of ~10 kR.
3.4.2. Nightglow excitation problems. The observed O2
nightglow on Venus is very different from that on Earth,
especially in the visible range, where the Herzberg II bands
dominate on Venus and Herzberg I and the green line
O 558 nm on Earth. The O2 nightglow on both planets is
excited by the termolecular association of O2, and yields of
the O2 electronic states should not depend on a third body.
Therefore, quenching and excitation transfer processes are
responsible for the difference. The problem was analyzed
by Krasnopolsky (2011a), who combined the nightglow
observations on both planets with the related laboratory
data and some findings in theory. The O2 electronic states
are highly vibrationally excited on Earth, while only v′ =
0 progressions are observed in the Venus nightglow. The
latter is caused by rapid vibrational relaxation in CO2.
Quenching reactions depend on vibrational excitation, and
this complicates the problem.
Radiative times, yields, and quenching coefficients in the
suggested excitation scheme are given in Table 6. Three ustates are excited directly with yields calculated by Wraight
(1982). Energy transfers from the upper states including 5Πg
are essential for the b → X and a → X emissions at 762 nm
and 1.27 μm, respectively. These transfers were estimated
using spin, sign, and statistical weight considerations. For
example, quenching of O2(c) by CO2 to the ground state
O2(X) is spin forbidden and to O2(b) is sign forbidden;
therefore O2(c) is quenched to O2(a). Quenching of O2(b)
by CO2 to O2(X) is spin forbidden; therefore both O2(c)
and O2(b) populate O2(a). If a yield of O2(a) in quenching
of O2(5Πg) is 0.9, then the effective yield of O2(a) is 0.7
on Venus and Mars (see details in Krasnopolsky, 2011a).
The green line O(1S) 558 nm is excited by

O + O2(A3Σu+, v ≥ 6) → O2 + O(1S)
k = 1.5 × 10 –11 cm3 s–1
Evidently this reaction is insignificant on Venus because of
the vibrational relaxation by CO2.
Another problem is the excitation of the OH nightglow
on Venus, because the observed v is ≤4 on Venus and ≤9
on Earth. There are two possible processes for the OH
vibrational excitation on the terrestrial planets
H + O3 → OH(v ≤ 9) + O2(1)
O + HO2 → OH(v ≤ 6) + O2(2)
Kaye (1988) argued that the O-H bond is formed in reaction (1) and large v values are probable. However, OH is the
remaining part of HO2 in reaction (2) with a low vibrational
excitation v ≤ 3. Krasnopolsky (2013b) adopted the OH
transition probabilities, excitation yields in reaction (1), and
quenching rate coefficients by CO2 from Garcia Munoz et
al. (2005) and proposed collision cascade yields that fit the
observed band distribution in the Δv = 1 sequence.
3.4.3. Nighttime chemistry at 80–130 km on Venus. The
VEX observations of the O2 and NO nightglow (Piccioni
et al., 2009; Gerard et al., 2008) were initially simulated
(Gerard et al., 2008) using a simple set of four reactions
that neglected effects of chlorine and hydrogen chemistry.
The OH nightglow was initially compared with data from
global-mean photochemical models that reflect mostly a
daytime chemistry and are generally inapplicable to the
nighttime conditions.
To solve these problems, Krasnopolsky (2013b) developed a model for nighttime chemistry on Venus. The model
involves 86 reactions of 29 species. The lower boundary is
at 80 km to avoid the detailed sulfur chemistry. Densities
of CO2, HCl, SO2, and a flux of NO are the lower bound-

TABLE 6. Excitation, excitation transfer, and quenching processes in the O2 nightglow.
State
A3Σu+
A′3Δu
c1Σu–
b1Σg+
a1Δg

Bands
HzI
Chm
HzII
762 nm
1.27 μm

τ (s)
0.14
2–4
5–7
13
4460

α
0.04
0.12
0.03
0.02
0.05

αTE
0
0
0
0.09
0.35

αTV
0
0
0
0.125
0.65

kO

kO2
10–11

1.3 ×
1.3 × 10–11
8 × 10–12
8 × 10–14
—

kN2
10–12

4.5 ×
3.5 × 10–12
3 × 10–14/1.8 × 10–11
4 × 10–17
10–18

kCO2
10–12

3×
2.3 × 10–12
—
2.5 × 10–15
<10–20

8 × 10–12
4.5 × 10–13
1.2 × 10–16
3.4 × 10–13
10–20

HzI, HzII, and Chm are the Herzberg I, II, and Chamberlain bands; τ is the radiative lifetime; if two values are given, then they
refer to high and low vibrational excitation on the Earth and Venus, respectively; α is the direct excitation yield; αTE and αTV
are excitation transfer yields for Earth and Venus from the upper states including 5Πg (see details in Krasnopolsky, 2011a); and
kX is quenching rate coefficients in cm3 s–1. Two values of kO2 are for c1Σg+ (v = 0 and 7–11). From Krasnopolsky (2011a).
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ary conditions, with V = –K/2H = –0.116 cm s–1 for the
remaining species. Fluxes Φ of O, N, H, and Cl at 130 km
are the model parameters. These downward fluxes are equal
to 3 × 1012, 1.2 × 109, 1010, and 1010 cm–2 s–1, respectively,
in the basic version. They are proportional to column
abundances of these species at 90 km in the global-mean
model (section 3.3.2).
The calculated species altitude profiles are shown in
Fig. 29. Major losses of odd hydrogen and odd chlorine
are via reactions
H + Cl2 → HCl + Cl, 6.74 × 109 cm–2 s–1
Cl + HO2 → HCl + O2, 2.72 × 109 cm–2 s–1
Their sum is almost equal to 1010 cm–2 s–1, the adopted
fluxes of H and Cl at the upper boundary. Odd hydrogen
is partly transformed into odd chlorine via
H + HCl → H2 + Cl, 5.17 × 108 cm–2 s–1
OH + HCl → H2O + Cl, 2.33 × 108 cm–2 s–1
Therefore odd chlorine is more abundant than odd hydrogen
below ≈95 km.
Major odd hydrogen and odd chlorine cycles are
X + O3 → XO + O2
O + XO → X + O2
Net O + O3 → 2 O2
Here X = H and Cl with the O2 net production of 2.5 × 1011
and 4.5 × 1011 cm–2 s–1, respectively. These cycles remove
almost half the O flux at 130 km, and the remaining half
is lost in the termolecular association of O2. Oxidation of
CO is weak above 80 km, and all O atoms form O2 with a
mixing ratio of ΦO/(2n80V) = 85 ppm at 80 km, increasing
to 280 ppm at 100 km (Fig. 29).
The calculated intensity and profile of the O2 nightglow
at 1.27 μm (Fig. 30) agrees with the VEX observations, and
the nightglow intensity may be approximated by
4πIO2 = 127(ΦO/1012)1.22 kR
i.e., the O2 nightglow quantum yield is 0.16 per oxygen atom.
The above H and Cl cycles balance the production of
ozone in the termolecular association O + O2 + M. The
calculated O3 profile (Fig. 29) is in excellent agreement
with those observed by stellar occultations from VEX
(Montmessin et al., 2011). Variations of the peak O3 density
may be approximated by
O3 max =

(

2.2 × 107 Φ O 1012
γ

0.74 + 0.3 ln Y

)

1.2

cm −3 ; Y =

Φ Cl
1010

The model profiles of the NO and OH nightglows (Fig. 30)
agree with the observations as well, and their vertical intensities are equal to

(
= 1.2 ( Φ

)(
10 )

4 πI NO = 225 Φ N 109 Φ O 1012
4 πI OH ( Δv =1)

X=

12 1.4

O

ΦH
1010

,Y =

)

0.35

R

1.47 − 0.46 ln X

X

Y1.43 + 0.65 ln Y
Φ Cl

kR;

1010

Reaction O + HO2 (Fig. 30b) peaks below the observed
maximum of the OH nightglow, and its effect in the
nightglow excitation is neglected in the basic model. The
calculated profile of CO (Fig. 29) agrees with the nighttime
microwave observations (Clancy et al., 2012a) as well, and
the model fits all observational constraints.
3.4.4. O2 and NO nightglow in general circulation
models. Fluxes of O, N, H, and Cl were actually free parameters in the one-dimensional nightside model by Krasnopolsky (2013b). Production of O and N on the dayside
and their transport to the nightside with the subsequent
nightglow excitation were simulated by GCMs for the upper atmosphere by Bougher et al. (1990) and Brecht et al.
(2011). Basic ideas of GCMs are discussed by Forget and
Lebonnois (this volume).
Dissociation of CO2 above 80 km proceeds mostly at
130–180 nm and weakly depends on solar activity with
the dayside column rate of 9.4 × 1012 cm–2 s–1 (see section 3.4.3). Brecht et al. (2011) calculated the net dayside
production of atomic oxygen of 2.3 × 1012 cm–2 s–1, i.e.,
a quarter of the total production. This may be compared
with 3 × 1012 cm–2 s–1 in section 3.4.3, and the mean O2
nightglow intensity in their model fits the observed value of
0.5 MR (Table 5). The calculated maximum of 1.76 MR and
the peak altitude of 100 km also agree with the observations.
Both GCMs involve a detailed chemistry of N, its lowest
metastable state N(2D), and NO in the upper atmosphere.
According to Krasnopolsky (1983b), productions of N and
N(2D) are 6 × 109 and 5 × 109 cm–2 s–1 at solar max and
zenith angle z = 60°; N(2D) is either quenched to N by O
and CO or to NO by CO2 with the NO production of 4 ×
109 cm–2 s–1. NO removes N in the reaction N + NO → N2 +
O, and the net production of N is 3.2 × 109 cm–2 s–1 on the
dayside at solar maximum. Bougher et al. (1990) calculated
the total production of N at 8.5 × 109 and 4.2 × 109 and
the net production of 3.1 × 109 and 1.05 × 109 cm–2 s–1 at
solar maximum and minimum, respectively, in their preferred models. The value for solar maximum is similar to
that in Krasnopolsky (1983b) while that at solar minimum
is close to 1.2 × 109 cm–2 s–1 estimated in section 3.4.3 for
the VEX observation at solar minimum. Then the expected
mean NO nightglow is 1.3 kR at solar maximum, smaller
than 2.2 kR in the Pioneer Venus observations (Table 5).
A net production of N is 1.58 × 1010 cm–2 s–1 at solar
minimum in Brecht et al. (2011) and exceeds those in
Bougher et al. (1990) and Krasnopolsky (1983b) by an
order of magnitude. The mean NO nightglow is 680 R, the
maximum is 1.83 kR, and the peak altitude is 106 km (see
Table 4 for comparison). The required NO nightglow quan-
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Fig. 29. See Plate 2 for color version. Vertical profiles of species in the model for the nighttime atmosphere of Venus
(Krasnopolsky, 2013c).

tum yield is 0.04, much smaller than 0.35 in section 3.4.3.

problems related to the composition and formation of the
Venus clouds are not discussed here.

3.5. Some Unsolved Problems
4. TITAN
The variety of conditions and the complicated chemical
composition of the Venus atmosphere suggest many problems that need to be studied. Here we will mention only
some critical points.
Mutual conversions between SO3, OCS, CO, and Sx are
the key problem for chemistry in the lower atmosphere. The
current model is based on the reactions
SO3 + OCS → (SO)2 + CO2
(SO)2 + OCS → CO + SO2 + S2
from Krasnopolsky and Pollack (1994) that have not been
studied in the laboratory.
The observed increase in SO2 above 80 km is highly
questionable, and an alternative interpretation of the spectral data should be studied. The lack of detection of O2
and the very restrictive upper limit by Trauger and Lunine
(1983) present problems in both observations and modeling.
Abundances of Cl2 and SO2Cl2 predicted by the model are
significant and may be detected spectroscopically; however,
the SO2Cl2 chemistry is tentative, and its spectral properties
are poorly known. A problem that has not been discussed
above is the significant difference between observed HDO
and H2O ratios above the clouds (Krasnopolsky et al.,
2013). The submillimeter observations cover large parts
of the Venus disk, and the observed significant variations
among the species are difficult to explain. Many of the

There are three bodies with N2/CH4 atmospheres in the
solar system: Titan, Triton, and Pluto. Their heliocentric
distances are 9.5, 30, and 30–50 AU, respectively. Solar
heating is weaker on Triton and Pluto by an order of magnitude, and their atmospheres are tenuous, with the bulk N2
and CH4 in the solid phase. All nitrogen is in the atmosphere
on Titan, and its atmosphere with a surface pressure of
1.5 bar looks very unusual for a satellite. Titan’s radius is
2575 km, its surface gravity is 135.4 cm s–2, and its atmos
‑pheric mass is 10.8 kg cm–2, an order of magnitude larger
than that on Earth. However, Titan’s atmosphere would have
been similar to those of Triton and Pluto, if Titan could be
moved to 30 AU.
Titan orbits Saturn in the equatorial plane with a period
of 16 d; its rotational period is equal to the orbit period. Saturn’s orbital period is 30 yr and obliquity is 27°, and therefore Titan exhibits an annual cycle with a period of 30 yr as
well. Basic data on Titan were obtained by the Voyager 1
flyby in November 1980 and the current Cassini-Huygens
mission, which arrived at Saturn in 2004. Both missions
refer to summer in the southern hemisphere; Cassini has
now been in operation for nine years, and some seasonal
changes have been observed. The atmosphere forms one
Hadley cell with some indications of superrotation. Here
we will not discuss seasonal and latitudinal variations of
its chemical composition (see Forget and Lebonnois, this
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Fig. 30. Calculated vertical profiles of the O2, NO, and OH nightglow and two reactions of OH excitation in the nighttime
model (Krasnopolsky, 2013c).

volume). A collection of reviews on Titan may be found
in Brown et al. (2009).
4.1. Observations of the Chemical Composition
Chemical composition of Titan’s atmosphere was studied
by Voyager 1 using the Infrared Interferometer Spectrometer
and Radiometer (IRIS) (Coustenis et al., 1989), an infrared
spectrometer for a range of 180 to 2500 cm−1 (4–55 μm)
with an apodized spectral resolution of 4.3 cm−1, and the Ultraviolet Spectrometer (UVS) (Vervack et al., 2004), which
had a range of 52–170 nm with a resolution of 1.5 nm. Later
observations from groundbased (Marten et al., 2002) and
Earth-orbiting (Coustenis et al., 2003) observatories in the
millimeter and infrared ranges significantly contributed to
our understanding of the chemical composition.
The most detailed observations of Titan’s chemical
composition began in October 2004 and are still being performed by the Cassini mission. The Huygens probe landed
on Titan and studied the atmosphere below 150 km. Visits
of the Cassini orbiter into the upper atmosphere of Titan
down to 880 km gave numerous data from the remote and
in situ observations. Similar to Voyager 1, both infrared
and ultraviolet spectroscopy are used for this purpose.
The Composite Infrared Spectrometer (CIRS) covers a
range from 10 to 1400 cm−1 (7–1000 μm) at an apodized
spectral resolution between 0.5 and 15.5 cm−1 (Vinatier et
al., 2010; Coustenis et al., 2010). The Ultraviolet Imaging
Spectrometer (UVIS) operates at 110 to 190 nm, mostly
in the stellar and solar occultation mode (Koskinen et al.,
2011). Other than the improved capabilities of CIRS and
UVIS and the long-term orbiter observations, the major
progress of Cassini relative to Voyager 1 is in using the Ion
Neutral Mass Spectrometer (INMS) for in situ studies of
the neutral and ion composition (Magee et al., 2009; Cui

et al., 2009; Vuitton et al., 2007; Cravens et al., 2009). The
Cassini Plasma Spectrometer (CAPS) measures densities of
heavy positive and negative ions (Coates et al., 2012), and
the Langmuir probe (LP), Magnetospheric Imaging Instrument (MIMI), and radio occultations (Kliore et al., 2008)
study the plasma environment around Titan.
A summary of the Cassini-Huygens observations of
Titan’s chemical composition is shown in Table 7. The Gas
Chromatograph Mass Spectrometer (GCMS) on the Huygens probe measured 5.7% of CH4 near the surface, decreasing to 1.5% above the tropopause at 45 km (Niemann et
al., 2010), in accordance with the condensation conditions.
Mixing ratios of H2 and Ar and isotope ratios of H, N, C,
and Ar were measured as well. CIRS observed 11 species
in the nadir mode (Coustenis et al., 2010) and 10 species
at the limb (Vinatier et al., 2010). The nadir observations
refer to 100–200 km, and vertical profiles of species are
retrieved from the limb observations. The profiles start at
150 km and extend up to 450 km for some species.
INMS observes the upper atmospheric composition
during the Cassini visits down to 880 km. Yelle et al.
(2008) and Cui et al. (2009) compared the observed vertical profiles of N2, CH4, H2, and Ar at 950–1400 km with
the GCMS data for these species to retrieve eddy diffusion
and escape of H2 and CH4. The obtained values are T∞ =
151 K, K ≈ 3 × 107 cm2 s–1, and escape fluxes ΦH2 = 1.1 ×
1010 cm–2 s–1, ΦCH4 = 2.6 × 109 cm–2 s–1. Both fluxes are
at their diffusion limits and require hydrodynamic escape.
Modeling by Strobel (2009) confirmed hydrodynamic escape and the obtained rates. However, direct Monte Carlo
simulations, which are equivalent to solving the Boltzmann
kinetic equation, result in no hydrodynamic escape from Titan (Johnson et al., 2009). Johnson et al. argued that thermal
conduction in the equations for hydrodynamic escape ceases
at the exobase, and the equations become invalid. Carbon
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TABLE 7. GCMS, CIRS, UVIS, and INMS data on Titan’s chemical composition (mixing ratios).
h (km)

0*

100 – 200† 150‡

300‡

400‡

550‡‡

700‡‡

900‡‡

1050§

1077¶

1100**

CH4
Ar
H2
C2H2
C2H4
C2H6
C3H4
C3H6
C3H8
C4H2
C6H2
C6H6
C7H4
C7H8
NH3
CH2NH
HCN
CH3CN
C2H3CN
C2H5CN
HC3N
C4H3N
HC5N
C5H5N
C6H3N
C6H7N
C2N2
H2O
CO
CO2

0.057
3.4 – 5††
1.0 – 3
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—
—

—
—
—
3–6
1.3 – 7
8–6
5–9
—
5–7
1.3 – 9
—
2 – 10
—
—
—
—
1–7
—
—
—
4 – 10
—
—
—
—
—
—
—
4.5 – 5
1.2 – 8

—
—
—
3–6
3–8
1.4 – 5
1–8
—
1–6
6–9
—
—
—
—
—
—
5–7
—
—
—
1–9
—
—
—
—
—
—
—
—
1.8 – 8

—
—
—
2  –  6
—
1.7 – 5
—
—
5–7
8–9
—
—
—
—
—
—
3–7
—
—
—
—
—
—
—
—
—
—
—
—
3–8

—
—
—
4–5
5–6
—
—
—
—
5–7
—
3–8
—
—
—
—
2–5
—
—
—
1–6
—
—
—
—
—
—
—
—
—

—
—
—
4–5
5–6
—
—
—
—
1–6
—
6–7
—
—
—
—
4–6
—
—
—
1–6
—
—
—
—
—
—
—
—
—

—
—
—
4–4
4–4
—
—
—
—
6–5
—
2–5
—
—
—
—
6–4
—
—
—
3–5
—
—
—
—
—
—
—
—
—

0.022
1.3 – 5
3.4 – 3
3.4 – 4
3.9 – 4
4.6 – 5
9.2 – 6
2.3 – 6
2.9 – 6
5.6 – 6
—
2.5 – 6
—
2.5 – 8
—
—
2.5 – 4
—
3.5 – 7
1.5 – 7
1.5 – 6
—
—
—
—
—
2.1 – 6
—
—
—

0.023
1.1 – 5
3.9 – 3
2.3 – 4
7.5 – 5
7.3 – 5
1.4 – 4
—
<5 – 5
6.4 – 5
—
9–7
—
<1.3 – 7
3–5
—
—
3.1 – 5
<1.8 – 5
—
3.2 – 5
—
—
—
—
—
4.8 – 5
—
—
—

—
—
—
—
1–3
—
—
—
—
1–5
8–7
3–6
3–7
2–7
7–6
1–5
2–4
3–6
1–5
5–7
4–5
4–6
1–6
4–7
3–7
1–7
—
<3 – 7
—
—

—
—
—
3–6
1.5 – 7
1–5
1–8
—
1.3 – 6
2–9
—
—
—
—
—
—
2.5 – 7
—
—
—
1 – 11
—
—
—
—
—
—
1.9 – 10
—
2–8

*GCMS

(Niemann et al., 2010).
nadir (Coustenis et al., 2010).
‡CIRS limb (Vinatier et al., 2010).
§INMS (Magee et al., 2009).
¶INMS (Tables 3 and 4 in Cui et al., 2009).
**Derived from INMS ion spectra (Vuitton et al., 2007).
††3.4 – 5 = 3.4 × 10 – 5.
‡‡UVIS stellar occultations (Koskinen et al., 2011).
†CIRS

ions are scarce in the Saturn’s magnetospheric plasma, and
this does not favor hydrodynamic escape of CH4 as well.
Analysis of the INMS observations of neutrals is a
sophisticated problem that was solved by two independent
teams, and some derived results do not coincide (Table 7).
The best ion spectra were measured during the T5 flyby
with strong precipitation of magnetospheric electrons and
simulated by a model with densities of some neutrals as fitting parameters (Vuitton et al., 2007). The retrieved neutral
densities are also given in Table 7.
The Voyager UVS solar occultations resulted in vertical
profiles of N2, CH4, C2H2, and C2H4 (Vervack et al., 2004).
However, the N2 profiles do not extend to the altitudes of the
C2H2 and C2H4 profiles, and some assumptions are required
to obtain mixing ratios for these species. Profiles of the

five major hydrocarbons, HCN, and HC3N were extracted
from the Cassini UVIS stellar occultations (Shemansky
et al., 2005; Koskinen et al., 2011). However, our model
(Krasnopolsky, 2009a, 2012c) does not rule out that more
species are actually involved in the observed spectra, and
the retrieved abundances are therefore rather uncertain.
Groundbased infrared, submillimeter, and millimeter
observations were reviewed by Coustenis et al. (2009).
Among those are the first detections of CO (Lutz et al.,
1983) and CH3CN (Bezard et al., 1993b), as well as vertical
profiles of HCN, HC3N, CH3CN at 100–450 km (Marten
et al., 2002; Gurwell, 2004). H2O and C6H6 were detected
from the Infrared Space Observatory (Coustenis et al., 1998,
2003), and an H2O profile at 80–300 km was measured
by the Herschel Space Observatory (Moreno et al., 2012).
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4.2. Photochemical Modeling of Titan’s Atmosphere
and Ionosphere
4.2.1. Published models for Titan. Photochemical processes in the dense N2/CH4 atmosphere initiate formation of
numerous hydrocarbons, nitriles, and their ions. This makes
photochemical modeling for Titan a challenging problem.
Self-consistent models for Titan’s neutral atmosphere were
developed by Yung et al. (1984), Toublanc et al. (1995),
Lara et al. (1996), and Lavvas et al. (2008a,b).
Pure ionospheric models adopt a background neutral
atmosphere and neglect the effects of ion chemistry on the
neutral composition. However, these effects are significant;
for example, benzene C6H6 is mostly formed by ion reactions. Therefore coupled models of Titan’s atmosphere and
ionosphere were made by Banaszkiewicz et al. (2000), Wilson and Atreya (2004), and Krasnopolsky (2009a, 2012c).
Here we will briefly discuss the results of Krasnopolsky
(2009a, 2012c). The model involves ambipolar diffusion and
escape of ions and calculates the H2 and CO densities near
the surface that were assigned in some previous models.
The number of reactions is significantly reduced relative
to that in Wilson and Atreya (2004) to remove unimportant
processes. Hydrocarbon chemistry is extended to C12H10 for
neutrals and C10H11+ for ions. The model involves 419 reactions of 83 neutrals and 33 ions, and column rates are given
for all reactions. It accounts for effects of magnetospheric
electrons, protons, and cosmic rays. Formation of haze by
polymerization processes and recombination of heavy ions
is considered as well.
There are four versions of the model. Two versions in
Krasnopolsky (2009a) adopt hydrodynamic escape of light
species (m < 20) and either “standard” eddy diffusion or
that proposed by Hörst et al. (2008). They suggested an
increase in K ~ n–2 from 75 to 300 km by 5 orders of
magnitude to fit better the CIRS limb observations. Our
model with this K has both advantages and shortcomings
relative to the first version.
It is discussed in section 4.1 that direct Monte Carlo
simulations of the escape processes and low abundance
of carbon-bearing ions in Saturn’s magnetosphere do not
support hydrodynamic escape of CH4. Tests in Krasnopolsky (2010e) are not favorable for hydrodynamic escape
on Titan as well, and versions 3 and 4 were calculated
without hydrodynamic escape. Yelle et al. (2006) considered
K = (4 ± 3) × 109 cm2 s–1 as an alternative to the hydrodynamic escape, and K = 109 cm2 s–1 is adopted above
700 km (Fig. 31a) in versions 3 (Krasnopolsky, 2010e)
and 4 (Krasnopolsky, 2012c). Two reactions that stimulate
formation of NH3 (Yelle et al., 2010) were included in these
versions. Finally, version 4 is further improved using the
Troe approximation for termolecular reactions (see, e.g.,
Yung and DeMore, 1999), some changes in eddy diffusion,
and two radiative association reactions proposed by Vuitton
et al. (2012). Here we will consider the latest version from
Krasnopolsky (2012c).
4.2.2. Initial data. Basic initial data are the N2 and CH4

densities near the surface and profiles of T and K (Fig. 31a).
The observed temperature profile is slightly adjusted to bind
the GCMS and INMS observations of N2. The adopted K
results in a homopause for CH4 at 1050 km (Fig. 31a). The
model upper boundary is at 1600 km, near the top of the
INMS observations. The calculated exobase is at 1360 km.
The UV absorption by the haze significantly affects Titan’s photochemistry and was calculated using the Huygens
haze data (Tomasko et al., 2008): The haze particles are
aggregates of ~3000 monomers with a monomer radius of
~0.05 μm, and the particle number density is 5 cm–3 below 80 km decreasing with a scale height of 65 km above
80 km. We calculated scattering properties of the particles
using a code by Rannou et al. (1999) and refractive indices
from Khare et al. (1984). Radiative transfer with multiple
scattering in the optically thick haze was calculated using
some approximations from van de Hulst (1980).
Dissociation and ionization of the atmospheric species
by the solar photons (Fig. 32b) were calculated self-consistently using the known cross sections. Precipitations of
magntespheric electrons (Fig. 32b) for a typical case and a
strong event were taken from Cassini encounters T21 and
T5, respectively (Cravens et al., 2009; Vuitton et al., 2007).
The ion densities measured by INMS during encounter T5
were especially high and accurate. Productions of N2+, N+,
N, and N(2D) by electron impact were obtained using the
data of Fox and Victor (1988). Ionization by magnetospheric
protons and the cosmic rays (Fig. 32b) were taken from
Cravens et al. (2008) and Molina-Cuberos et al. (1999),
respectively. Dissociation and dissociative ionization were
calculated combining the data of Fox and Victor (1988) and
the Born approximation.
Twenty-four species in the model condense near the
tropopause. Their saturated vapor pressures were found in
the literature and approximated by
ln ps = a–b/T– c ln T
The model had a vertical step increasing from 2.5 km near
the surface to 10 km at the upper boundary.
4.2.3. Hydrocarbons, Ar, and H 2. The calculated
CH4 profile (Fig. 31b) agrees with the observational data
(Table 7), while the profile of Ar with the GCMS value
near the surface is slightly above the INMS values. Photolysis of CH4 results in a quarter of the total loss of CH4.
The photolysis products CH3 and CH2 radicals are quickly
converted to CH, which reacts with CH4 to form C2H4.
These reactions double the loss of methane by photolysis.
Photolyses of CH4, C2H2, and C4H2 begin at 140, 200,
and 260 nm, respectively. Radicals C2H and C2 released
by photolyses of C2H2 and C4H2 react with methane. This
indirect photolysis results in 30% of the methane loss; the
remaining loss is in reactions with other radicals and ions.
Chemical production of methane is much smaller than its
loss, and the difference is consumed by precipitation of
haze, condensation of photochemical products in the troposphere, and escape of H2 and H. The methane column

Krasnopolsky and Lefèvre: Chemistry of Atmospheres   33

1500

103

104

105

50

100

150 200 K

106

107

cm3 s–1
C 2H 6

1500

Altitude (km)

T
N2

1000

D

0
106

500

(a)
10

10

8

10

10

C 6H 2

1500

Altitude (km)

CH4/103

K

500

12

10

10

14

16

10

18

cm

–3

0
10–9

1000

500
C 3H 8
10

10

10

10

–7

10

–6

10

–5

HC3N

10

10

10–3

–4

HCN

C2H5CN C2N2
CH3CN
C2H3CN

500

–7

(b)

Ar
–8

C 3H 4

C7H8

–8

C 2H 2

C 4H 2

1000

–9

C 2H 4

1500

C 3H 6
C 6H 6

0
10–10

H2/103

1000

10

–6

(c)
10

–5

Mixing Ratio

10

–4

0
10–9

C 4N 2

(d)
10

–8

10

–7

10

–6

10

–5

10

–4

10–3

Mixing Ratio

Fig. 31. See Plate 3 for color version. Titan’s photochemical model: (a) profiles of T, eddy diffusion K, diffusion coefficient
of CH4 in N2, and N2 density; (b) major hydrocarbons, H2, and Ar; (c) some other hydrocarbons; (d) the most abundant
nitriles. From Krasnopolsky (2012c).

abundance is 230 g cm–2, and its lifetime is 30 m.y. Surface
sources that resupply methane and compensate for its loss
are poorly known.
The C:H:N ratio in the total aerosol flux is 1:1.2:0.06 in
the numbers of atoms. The ratio in methane is 1:4, which
means that 70% of hydrogen from methane escapes to
space. The models with and without hydrodynamic escape
of H2 give very similar escape rates that are diffusionlimited in both cases. The H-H bond is stronger than the
H bond in some radicals, and many of the H atoms are
converted into H2 by reactions such as
H + C4H2 + M → C4H3 + M
H + C4H3 → C4H2 + H2
Net H + H → H2
H2 is not fixed at the lower boundary in our model; therefore
the agreement of the model (Fig. 31b) with the observations
(Table 7) may be considered as very good.
Photolysis of methane peaks near 750 km; photolyses
of the photochemical products are maximal typically at
300–500 km. Therefore basic reactions that determine
species balances typically occur around 500 km. Species
mixing ratios are typically constant above 500 km up to the
homopause at 1050 km and either decrease or increase or
become stable above 1050 km depending on the molecular
mass, which may be greater, smaller, or equal to that of
N2, respectively.
Most of the photochemical products condense in the low-

est ~100 km, and here their mixing ratios are much smaller
than those near ~500 km. Therefore there is an inevitable
steep decrease in the product mixing ratios from ~500 to
~100 km. The calculated profiles usually intersect the CIRS
nadir values (Table 7) that refer to 100–200 km. However,
these profiles are steeper than those from the CIRS limb
observation. The chosen steep increase in eddy diffusion
at 70–180 km in our model (Fig. 31a) partly compensates
for this difference. Even steeper increase in eddy diffusion
was suggested by Hörst et al. (2008); however, our test
shows that the eddy diffusion profile in Fig. 31a is optimal.
We mentioned above that almost all CHx products of
the methane photolysis form CH and then CH + CH4 →
C2H4 + H. This reaction is the major source of ethylene
that is mostly lost by photolysis. The calculated densities of
C2H4 are below the condensation level in the troposphere.
C2H4 near 300 and 1100 km is within the uncertainties of
the CIRS and INMS values, respectively.
Acetylene C2H2 is made by photolyses of C2H4 and
C4H2x (x = 1, 2, 3), the reactions of C2H with CH4 and
C2H6, and by
C2H3 + H → C2H2 + H2
C3H4 + H → C2H2 + CH3
It is lost by photolysis (~50%), reactions with radicals,
and by condensation (440 g cm–2 b.y.–1). The calculated
mixing ratios near 300 and 1100 km agree with the CIRS
and INMS values.
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Ethane C2H6 is produced by the reaction
CH3 + CH3 + M → C2H6 + M
and lost by condensation and reactions with radicals (half
and half). The calculated densities (Fig. 31b) are smaller and
larger than those observed by CIRS and INMS, respectively.
Densities of the other hydrocarbons that are shown in
Fig. 31c typically agree with the CIRS and INMS observations within a factor of 3. This is a reasonable agreement,
taking into account uncertainties of the observations and
the model.
4.2.4. Nitriles. The N≡N triple bond in the N2 molecule is very strong, with a dissociation energy of 9.76 eV.
Ionization of N2 by the solar photons λ < 80 nm, photoelectrons, magnetospheric electrons, protons, and cosmic
rays (Fig. 32b) form mostly N2+ ions that return N2 after
charge exchange with hydrocarbons. Predissociation of N2
at λ = 80−100 nm; dissociative ionization at λ < 51 nm;
and electron, proton, and cosmic-ray impact dissociations
originate N and N(2D) atoms and N+ ions with a total column rate of 7 × 108 cm−2 s−1. Most of them (72%) form
nitriles CxHyCN. The basic reaction of the nitrile formation
is N + CH3 → H2CN + H (63% of the column production
of nitriles). The C≡N bonds are strong (7.85 eV in CN and
9.58 eV in HCN); therefore nitriles do not recombine to N2

in Titan’s atmosphere, and condensation and polymerization with precipitation to the surface are the ultimate fate
of nitriles on Titan.
H2CN is converted to HCN in reactions with H, N, NH,
and NH2. Hydrogen cyanide (HCN) is the most abundant
nitrile on Titan. Beside H2CN (25%), reactions of CN
with CH4, C2H4, and C2H6 (50%), as well as ion reactions
(25%), contribute to the production of HCN. Hydrogen
cyanide is lost in reactions with CH, C2H3, C3N (62%);
ion reactions (17%); condensation (13%); and photolysis
(7%). The calculated profile (Fig. 31d) agrees with that
observed by Gurwell (2004) in the submillimeter range at
100–400 km, CIRS at 100–200 km, UVIS at 550 km, and
INMS near 1100 km.
Cyanoacetylene (HC3N) is another abundant nitrile that
is formed by reactions of CN + C2H2 (62%) and C3N +
CH4 (38%) and lost by photolysis (94%). The calculated
HC3N is within uncertainties of the observed INMS and
UVIS values at 800–1100 km.
Calculated profiles of some other nitriles are shown in
Fig. 31d. The mixing ratios of CH3CN, C2H3CN, C2H5CN,
and C2N2 are in reasonable agreement with the CIRS and
INMS observations.
4.2.5. NxHy, CH2NH, and CH3NH2. The model involves
nine species with N–H bonds. These bonds are ~3.5 eV
and comparable with the C–H bonds. Therefore species
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with the N–H bonds may return N and recombine to N2,
which explains why they are less abundant than nitriles. The
model includes reactions of NH and NH2 with H2CN (Yelle
et al., 2010) that increase the production of ammonia. The
calculated profile of CH2NH agrees with the INMS value,
while that of NH3 is smaller than that observed by INMS.
4.2.6. Oxygen species. CO 2 was the first oxygen
species that was discovered on Titan from the Voyager
IRIS observations (Samuelson et al., 1983). Subsequently,
groundbased observations revealed a significant abundance
of CO (Lutz et al., 1983), and CO was later measured using
groundbased infrared and microwave instruments and by
CIRS on Cassini. A summary of the observations may be
found in Hörst et al. (2008), and the mean CO is close to
the CIRS value of 45 ± 15 ppm (Flasar et al., 2005). CO2
was detected by IRIS, the Infrared Space Observatory (ISO),
and CIRS (Table 6). A search for H2O was made by the ISO
(Coustenis et al., 1998, 2003) using its rotational band at
40 μm, resulting in 8+–54 ppb at 300–500 km. Recently H2O
was observed by the Herschel Space Observatory varying
from 2.3 × 10–11 at 80 km to 3.4 × 10–10 at 300 km (Moreno
et al., 2012). A detailed study of the CIRS nadir and limb
spectra reveals fH2O = 1.4 × 10 –10 at 100 km increasing to
4.5 × 10–10 at 225 km (Cottini et al., 2012).
Oxygen is delivered into Titan’s atmosphere as meteoritic
water and ions O+. Using the study by Pereira et al. (1997),
Wong et al. (2002) argued that a basic reaction of the CO
production in the prior models, OH + CH3 → CO + 2H2,
proceeds with products H2O + 1CH2 and results in recycling
of H2O. They adopted the H2O influx of 1.5 × 106 cm–2 s–1
and production of CO at 1.1 × 106 cm–2 s–1 at the surface
to fit the observations.
Hartle et al. (2006) analyzed the Voyager and Cassini
CAPS data and found a magnetospheric influx of O+ on Titan
with a rate of ~106 cm–2 s–1. These ions may originate from
Saturn’s ring and Enceladus. Hörst et al. (2008) calculated
a model for the oxygen species on Titan using the influxes
of OH and O as fitting parameters. Their results agreed with
the observations available at that time, but exceed the recent
measurements of H2O by an order of magnitude.
Our model for oxygen species (Fig. 32a) applied the
basic ideas of Wong et al. (2002) and Hörst et al. (2008)
and is calculated for the H2O and O+ influxes of 3 × 106
and 1.7 × 106 cm–2 s–1. O+ is neutralized by the charge
exchange with CH4 and then forms CO in reactions with
CH3 and C2H4. OH from photolysis of H2O either reacts
with CH3 or returns H2O or CO to form CO2. Photolysis
of CO2 returns two CO, because O is converted to CO as
well. There is no production of CO from the interior, and
CO is not fixed at the surface. Production of formaldehyde
H2CO is a significant branch of the reaction of O + CH3.
Photolysis quickly converts H2CO to CO. However, the
formaldehyde abundance reaches 1 ppm near 1100 km. The
model agrees with the observed oxygen species.
4.2.7. Ionosphere. Sources of ionization in Titan’s
atmosphere are mentioned in section 4.2.2 and shown in
Fig. 32b. The profiles of ionization by magnetospheric

electrons are approximated for typical conditions and the
strong precipitation T5 event using data from Vuitton et
al. (2007) and Cravens et al. (2008, 2009). Ionization by
protons is from Cravens et al. (2008), and by cosmic rays
from Molina-Cuberos et al. (1999). Ionization by the solar
EUV photons is calculated using the standard cross sections
and the solar EUV fluxes reduced by a factor of 2 to account for the nightside and for the solar zenith angle z =
60° (global mean conditions).
Except for 308 neutral reactions, our model involves 111
reactions of 33 ions, much fewer than in the ionospheric
models by Vuitton et al. (2007) and Cravens et al. (2009).
Rate coefficients of ion-neutral reactions and dissociative
recombinations were taken from McEwan and Anicich
(2007) and Woodall et al. (2007), respectively.
Electron density profiles in Fig. 32d were calculated for
the global-mean conditions, typical nighttime conditions,
and the T5 event. They are compared with mean radio
occultation profiles (Kliore et al., 2008), observed at dusk
and dawn, and with the INMS profiles for sums of all ions.
Calculations show that our basic profile is in reasonable
agreement with the observed dusk profile at z = 87°. The T5
profile also agrees with that observed by INMS. However,
the measured daytime profile at z = 38° is smaller than
the calculated profile and even that observed at z = 87°.
Electron densities at z = 38° measured simultaneously by
two other instruments exceed those observed by INMS by
a factor of 1.6 as well.
The calculated ionospheric compositions for the globalmean conditions and the T5 event are shown in Fig. 33.
Ionospheric models for the T5 event were developed by
Vuitton et al. (2007) and Cravens et al. (2009). Vuitton et
al. (2007) applied 1250 reactions of 150 ions with densities
of 18 neutral species as fitting parameters. Cravens et al.
(2009) calculated six versions of the model for the adopted
various neutral composition. However, a mean difference
between the calculated and observed ion densities for the
model in Fig. 33 is rather similar to those in Vuitton et al.
(2007) and Cravens et al. (2009).
The recent model for the daytime ion composition by
Westlake et al. (2012) agrees with the INMS observations at
z = 38° better than our model. However, we have discussed
above some problems with those observations. All ionospheric models adopt dozens of vertical profiles of neutral
species, while our model is based on the two densities of N2
and CH4 near the surface. The ionospheric models neglect
ambipolar diffusion and escape of ions, which are taken
into account in our model.
De la Haye et al. (2008) constructed a model of diurnal
variations of the atmosphere and ionosphere above 600 km
at 39°N and 74°N. These latitudes correspond to the conditions of the TA and T5 flybys; z = 62° at noon for 39°N,
and polar night conditions at 74°N. The model involved 35
neutral and 44 ion species. Neutrals with lifetimes exceeding 1.5 × 104 s were fixed at 600 km to fit the mean INMS
data near 1000 km or taken from Lebonnois (2005). All ions
were calculated neglecting ambipolar diffusion and escape.
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500–900 km with densities of ~200 cm–3 (Fig. 33). C12H10
and C10H11+ with 154 and 131 amu are the heaviest neutral
and ion species, respectively, in our model.
4.2.8. Production of haze. There are four basic processes of the aerosol formation in our model (Fig. 32c). Recombination of heavy ions, mostly C9H11+, peaks at 800 km with
a total contribution of 150 g cm–2 b.y.–1. Polymerization
reactions between hydrocarbons (mostly C6H + C4H2) and
hydrocarbons and nitriles (mostly C3N + C4H2) give almost
equal haze productions of 1.7 kg cm–2 b.y.–1 each. Rate
coefficients of the reactions of polymerization were taken
from Lavvas et al. (2008b). Condensation of hydrocarbons
and nitriles below ~100 km add 2.8 and 0.3 kg cm–2 b.y.–1,
respectively. C2H6 and HCN dominate in those. Some condensation products may sublime near the surface.
The total flow of 6.5 × 10–6 g cm–2 yr–1 looks negligible
compared with precipitation of ~100 g cm–2 yr–1 of water on
Earth. However, the overall sediment is ~300 m for the age
of the solar system. We concluded in section 4.2.3 that the
lifetime of methane is 30 m.y. on Titan; 30% of the initial
hydrogen is retained in the haze, and the remaining 70%
escapes to space. Recycling of methane in the interior from
the precipitation products therefore requires hydrogen-rich
species like H2O and/or NH3. The lifetime of N2 is 40 b.y.,
much longer than the age of Titan. Here we do not discuss
properties of the haze (Tomasko et al., 2008; Lavvas et al.,
2011; Vinatier et al., 2012). Various aspects of haze on Titan are discussed in a few chapters in Brown et al. (2009).

The model results will be used in future GCMs.
There are some uncertain data on the significant densities of negative ions near ~1000 km. Negative ions usually
appear in dense atmospheric regions where they are formed
by three-body collisions. These reactions are ineffective at
~1000 km on Titan, with a density of 7 × 109 cm–3. The
problem was studied in detail by Vuitton et al. (2009). They
involved production of negative ions by radiative (A + e →
A– + hν) and dissociative (AB + e → A– + B) electron
attachment and ion-pair formation. The loss processes are
photo-detachment (A– + hν → A + e), ion-ion recombination, and ion-neutral associative detachment (A– + B →
AB + e). Charge exchange reactions were included in the
model as well. The observed peaks at m = 22 ± 4 and
44 ± 8 were identified as CN– and C3N–, and the expected
total density of negative ions is maximal at ~1 cm–3 near
1100 km. The nighttime densities may be significantly
higher because of the lack of photo-detachment. They were
not calculated by Vuitton et al. (2009).
Wahlund et al. (2009) analyzed data of INMS, two CAPS
channels, and two Radio and Plasma Wave Science (RPWS)
channels during three flybys of Titan with ionospheric peak
densities of 900–3000 cm–3. Heavy (>100 amu) positive
ions constitute about half of the total ions near 1000 km,
and negative ion densities are ~100 cm–3. Heavy ions may
dominate below 950 km, and recombination products of
heavy ions may contribute to the haze production.
Our model predicts C9H11+ (119 amu) as a major ion at
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4.3. Unsolved Problems
Although the Cassini-Huygens mission has been very
successful, some unsolved problems related to the chemical composition of Titan’s atmosphere and ionosphere
remain. One problem is that the atmosphere between 350
and 950 km has not been studied in detail, and this is the
region where the basic photochemical processes proceed.
Another problem is that photochemical products on Titan
are typically formed near 500 km, and their mixing ratios
are rather constant up to ~1000 km due to strong eddy diffusion. The product mixing ratios decrease to ~100 km, where
the species condense, and therefore the expected gradients
of the mixing ratios are the differences between the INMS
observations and the CIRS nadir values divided by ~350 km.
However, the CIRS limb observations demonstrate much
smaller gradients. This is another general problem.
INMS is the major source of the data on Titan’s chemical
and ion composition. However, retrieval of species densities
from the INMS observations is a difficult process that was
performed by two independent teams and has resulted in
significant uncertainties. The problem of heavy ions and
negative ions also remain uncertain in both observations
and modeling, as there are significant differences between
the existing observations and models.
Ultimately, one of the difficulties is that the composition
of Titan’s atmosphere and ionosphere is very complicated,
involving many species. There are problems related to
some of the species that we have not even discussed in
this chapter.
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