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a b s t r a c t
First simultaneous analysis of the ultraviolet (UV) and infrared (IR) atmospheric extinctions from SPICAM/Mars Express solar occultations in the beginning of the Northern summer (Ls = 56–97°) is presented.
The two SPICAM channels allow sounding of the martian atmosphere in the spectral range from 0.118 to
1.7 lm at the altitudes from 10 to 80 km. Based on Mie scattering theory with adequate refraction indices
for dust and H2O ice, a bimodal distribution of aerosol has been inferred from the SPICAM measurements.
The coarser mode is represented by both dust and H2O particles with average radius of 0.7 and 1.2 lm,
respectively, with number density from 0.01 to 10 particles in cm3. Clouds belonging to the aphelion
cloud belt have been observed in midlatitudes in the Southern and the Northern hemispheres at altitudes
of 20–30 km. The clouds are formed of large particles, and their opacity in the UV and the IR is below 0.03.
The ﬁner mode with a radius of 0.04–0.07 lm and a number density from 1 cm3 at 60 km to 1000 cm3
at 20 km has been detected in both hemispheres. In the Southern hemisphere the ﬁner mode extends up
to 70 km, whereas in the Northern hemisphere it is conﬁned below 30–40 km. The lack of condensation
nuclei is consistent, but could not fully explain the high water supersaturation observed between 30 and
50 km in the same Northern hemisphere dataset (Maltagliati L., Montmessin, F., Fedorova, A., Korablev,
O., Forget, F., Bertaux, J.-L. [2011]. Science 333, 1868–1871). The average size of the ﬁne mode
(50 nm) and the large number density (up to 1000 cm3) most likely corresponds to Aitken particles
(r < 0.1 lm). This mode is unstable against coagulation and requires a continuous source of particles to
be maintained, at least one order of magnitude more than estimations for the meteoric ﬂux. A possible
source is the dust lifting from the surface and dust devils. A detailed microphysical modeling is required
to study the probability of survival of the observed bimodal distribution.
Ó 2013 Elsevier Inc. All rights reserved.

1. Introduction
Dust aerosols play an important role in the martian climate system. Studies of the atmospheric aerosols, their properties and variability have been a target of almost every major spacecraft
mission to Mars. Airborne dust is composed mostly of mineral particles lifted from the surface by near-surface winds (Greeley and
Iversen, 1985) and presumably by ‘‘dust devils’’, small-scale convective vortices (Greeley et al., 2006). Dust participates in heating
and cooling of different atmospheric layers absorbing and scattering the solar radiation and reemitting the thermal IR radiation
(Medvedev et al., 2011; Madeleine et al., 2011). The local heating
⇑ Corresponding author at: Space Research Institute (IKI), 84/32 Profsoyuznaya,
117997 Moscow, Russia.
E-mail address: fedorova@iki.rssi.ru (A.A. Fedorova).
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and cooling affects the dynamics of the atmosphere at various
scales. Aerosol particles serve also as cloud condensation nuclei
(CCN) in the martian atmosphere (Gooding, 1986) helping to regulate the transport of water between the hemispheres (Montmessin
et al., 2004).
For climate modelers, the most important characteristics of
aerosols to consider are their vertical proﬁle and particle size distribution. The ratio of opacities in the visible/infrared, which dictates dust ability to cool/warm the atmosphere, depends
primarily on the particle size distribution. In turn its vertical distribution is governed by lifting, wind transport and sedimentation
processes. Including the radiative effects of a spatially variable size
distribution signiﬁcantly inﬂuences thermal and dynamical ﬁelds
during the dissipation phase of the dust storm (Kahre et al., 2008).
The concentration and size of mineral dust particles have been
retrieved by different authors using the data of Mariner 9 (Toon
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et al., 1977), Viking Lander cameras (Pollack et al., 1977, 1979,
1995), solar occultations by Auguste/Phobos (Korablev et al.,
1993; Chasseﬁere et al., 1992, 1995), Imager for Mars Pathﬁnder
(IMP) (Tomasko et al., 1999; Markiewicz et al., 1999), TES on Mars
Global Surveyor (MGS) (Wolff and Clancy, 2003; Clancy et al.,
2003), and SPICAM on Mars Express (Fedorova et al., 2009). The
particle size distribution given by reff = 1.6–1.7 lm and veff = 0.2–
0.5 (effective radius and variance) is in general agreement with
these various sets of observations. The reff varies between 1.3 and
3 lm near the peak of the dust storm and 1 lm in the northern
spring and summer. The particle number density near the surface,
as derived from extrapolation of solar occultation at Ls = 0–20°
(Chasseﬁere et al., 1995) was in the range of 1–3 cm3. Fedorova
et al. (2009) derived the number density which showed variations
from 1–2 cm3 at 10 km to 0.1 cm3 at 30 km for Ls = 130–160°.
Like reff, the number density is a subject to strong variability with
latitude and season, and is magniﬁed during a dust storm (Heavens
et al., 2011a).
To explain the formation of condensate clouds observed in martian atmosphere, extended microphysical modeling requires a pronounced population of small dust particles (Montmessin et al.,
2002). These small particles have been recently observed by the
SPICAM UV spectrometer (Montmessin et al., 2006a; Määttänen
et al., 2013) but a question about the simultaneous presence of
small and large modes was opened. Few observations have already
provided evidence in favor of the bimodal distribution against the
mono-modal mostly used to characterize the martian dust. Based
on Viking limb radiance observations and microphysical modeling,
Montmessin et al. (2002) have derived a bimodal distribution at
Ls = 176°/15°S (shortly before a dust storm), featuring two maxima
with reff = 1.8 lm and veff = 0.5 for the large mode and reff < 0.2 lm
for the small mode, with a ratio of populations (small to large) of
25. Markiewicz et al. (1999, 2011) have reported a possible presence of bimodal distribution based on the IMP (the Imager for Mars
Pathﬁnder) visible sky brightness data at Ls  156°. They found an
indication that the dust particle distribution was bimodal or that
the aerosol population contained a second component, possibly
of submicron ice particles.
A powerful tool to study a vertical structure of atmosphere is
the solar and stellar occultation technique. SPICAM on Mars Express consists of an ultraviolet (118–310 nm) and an infrared (1–
1.7 lm) spectrometer (Bertaux et al., 2006). Both the UV and the
IR spectrometers sound the martian atmosphere in solar occultations. The UV channel can also work in stellar occultation mode.
In the UV stellar occultations Montmessin et al. (2006b) detected
tenuous sub-visible CO2 ice clouds in the martian mesosphere
demonstrating the high sensitivity of the method. The UV range
contains a strong CO2 absorption band near 200 nm allowing vertical proﬁling of atmospheric density, aerosols and the ozone Hartley band near 260 nm (Lebonnois et al., 2006; Forget et al., 2009;
Määttänen et al., 2013). Infrared occultations by SPICAM allow a
simultaneous retrieval of CO2, H2O and aerosol proﬁles (Fedorova
et al., 2009; Maltagliati et al., 2013).
In the two different spectral ranges the SPICAM channels are
sensitive to different (and complementary) particle sizes. SPICAM
UV cannot discriminate micron-sized particles since the latter have
no spectral slope in the UV, but it is sensitive to submicron particles (0.01–0.6 lm), which are more likely to prevail at altitudes
>30–40 km. In contrast, the SPICAM IR channel allows to penetrate
deeper into the lower atmosphere compared to UV, and is mostly
sensitive to particle size up to 1.5 lm, in the range of the most
commonly reported mode for martian dust size distribution.
The purpose of the work is to provide a quantitative estimation
of particle sizes and number/mass density of observed aerosol and
its vertical distribution based on the SPICAM solar occultations. In
Section 2, main characteristics of the instruments in solar

occultation mode and the observation coverage are presented.
The retrieval process of particle size distribution from UV and IR
extinctions will be shown in Section 3. In Section 4 we present
uncertainties of the retrieval and provide data validations. The
results for Southern and Northern hemispheres are summarized
in Section 5. The connection of the aerosol distribution with the
water vertical proﬁles and water supersaturation, stability of the
bimodal distribution against coagulation and possible sources of
the small mode are discussed in Section 6.
2. SPICAM: the instrument and solar occultations
2.1. The IR data set
The IR channel of SPICAM is an infrared spectrometer employing an Acousto-Optic Tunable Filter (AOTF) working in the range
of 1–1.7 lm and is equipped with two separate detectors (Channels 0 and 1), each providing a speciﬁc polarization component
of the incident light (Korablev et al., 2006). The spectral resolution
of SPICAM IR is nearly constant in wavenumbers and amounts to
3.5 cm1; the resolving power varying from 1800 at 1.6 lm to
2400 at 1.1 lm. The spectrometer can work in different observation modes, including nadir/limb measurements and solar occultations. In solar occultations, the vertical resolution depends on the
spacecraft to limb distance, varying from 1000 to 13,000 km. With
the FOV of 4.2 arcmin (1.2 mrad) the vertical resolution on limb is
typically better than 4–5 km (varies from 1 to 12 km). The direction of the IR line of sight (LOS) is known in the spacecraft bodyaxis frame with an accuracy of 0.5 mrad (or nearly half of the
FOV) or 0.4–4 km on the limb. The vertical speed at the limb varies
from 0.5 to 2 km/s. The Sun outside the martian atmosphere is observed with the signal-to-noise ratio (SNR)  120 in channel 0 and
SNR  220 in channel 1 in the range of 1.2–1.55 lm.
The spectral range of SPICAM IR includes three relatively strong
CO2 absorption bands (1.43, 1.57 and 1.6 lm) and the 1.37-lm H2O
band (Korablev et al., 2006). To reduce the duration of measurements in solar occultation, a conﬁguration of 664 spectral points
has been chosen with 620 point in the range of 1.35–1.5 lm
acquiring the strongest CO2 1.43-lm band, and the H2O 1.37-lm
band. The remaining 45 points are dedicated to measuring a transmission in several continuum points outside gaseous absorption
bands. Such points (or ‘‘reference wavelengths’’) are distributed
in the full range from 1 to 1.7 lm to measure the spectral dependence of extinction and determine optical properties and size distribution of aerosol. The observations used a set of 11 reference
wavelengths: 996.4, 1093.7, 1158.2, 1197.0, 1241.4, 1272.9,
1304.4, 1321.9, 1514.6, 1552.2 and 1711.3 nm. The 1711.3 nm
wavelength has not been used in the retrieval process because of
low signal to noise.
An in-depth account for solar occultation technique by SPICAMIR, including the issues of MARSIS antenna oscillations, light interference and the ﬁrst generation retrieval algorithm is given by
Fedorova et al. (2009).
2.2. The UV data set
The UV channel of SPICAM is an imaging grating spectrometer
working in the range 118–310 nm with spectral resolution of about
1 nm. Different modes of observations from nadir and limb measurements to the solar and stellar occultations are possible. In
the focal plane of the telescope, a retractable slit provides two conﬁgurations: without the slit for stellar occultations and with a slit
for extended source observations (like the planet or the Sun disk).
In solar occultation, the FOV is determined by the width of the slit
(2 pixels of the CCD  0.35 mrad) that is in 3.5 times smaller than
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for IR. The detailed description of the spectrometer can be found in
the paper by Bertaux et al. (2006).
The spectral range of the UV spectrometer includes the absorption bands of CO2 at 120–200 nm and O3 around 250 nm. The continuum extinction by aerosols can be separated from the ozone
absorption and retrieved in the range of 200–310 nm as described
by Quémerais et al. (2006) and Montmessin et al. (2006b). For the
present study, aerosol extinctions at wavelengths of 200, 250 and
300 nm have been used. Full climatology of aerosols from the UV
solar occultations and observation details are given by Määttänen
et al. (2013).

MARSIS antenna. The series of observations consists of 9 proﬁles
in the Northern hemisphere and 11 proﬁles in the Southern hemisphere at latitudes of 40–65°N and 30–62°S respectively. The
observation geometry and the parameters of the selected orbits
are presented in Table 1 and Fig. 1.
The retrieval of the extinction coefﬁcients from the IR and UV
data has been discussed in several papers (Montmessin et al.,
2006a; Fedorova et al., 2009; Määttänen et al., 2013) and is summarized in Appendix A. Before the comparison the UV extinctions
have been convolved with the IR vertical resolution. The vertical
sampling is also different, and the UV extinctions were interpolated for IR altitudes. The extinctions for 13 wavelengths from
200 to 1550 nm obtained from the selected data with error bars
are presented in Figs. 2 and 3 for the northern and the Southern
hemispheres, respectively. The y-axis is the altitude above the areoid (no account for local topography).

2.3. Selected observations
The hypothesis of the bimodal size distribution for the martian
dust, the main motivation of this work, has been tested against
observations chosen at the beginning of summer in the Northern
hemisphere in MY29 (Ls = 56–97°). This season is especially interesting due to the recent detection of supersaturation of water vapor (Maltagliati et al., 2011; see discussion in Section 6), which is
linked to the size and nature of the dust condensation nuclei. We
have selected several orbits from the SPICAM IR data set as used
by Maltagliati et al. (2011), which are completely free from oscillations of the Mars Express spacecraft after deployment of the

3. Retrieval of particle size distribution
Occultation measurements of the slant optical depth and
extinction at several wavelengths allow constraining of size distribution of the aerosol particles in the atmosphere as a function of
the altitude.

Table 1
The geometry of selected SPICAM solar occultation observations used for the study of the bimodal aerosol distribution.
Orbit

Seq.

Longitude

Latitude

Local time

Ls

Sun-to-Mars distance, a.e.

Distance to limb, km

Topography altitude, km

5481
5522
5555
5595
5637
5682
5682
5695
5702
5714
5716
5718
5721
5756
5769
5780
5780
5802
5805
5806

1
1
2
2
1
1
2
1
2
2
1
1
2
2
1
1
2
1
1
1

91.85
29.93
213.56
152.73
143.82
340.47
65.25
124.05
221.81
100.07
189.32
349.75
119.07
214.80
298.86
280.32
331.79
243.31
303.69
203.84

43.12
58.77
64.21
65.86
60.05
51.98
61.64
49.59
60.05
59.08
45.92
45.62
58.64
55.80
37.18
35.50
53.36
32.16
31.69
31.53

4.57
8.71
1.88
0.32
14.63
15.62
22.05
15.82
21.71
21.53
16.10
16.13
21.42
20.96
16.62
16.70
20.68
16.87
16.89
16.91

56.02
61.13
65.27
70.25
75.46
81.07
81.09
82.70
83.59
85.09
85.32
85.58
85.96
90.36
91.99
93.38
93.39
96.17
96.55
96.67

1.66
1.66
1.67
1.67
1.67
1.66
1.66
1.66
1.66
1.66
1.66
1.66
1.66
1.66
1.65
1.65
1.65
1.65
1.65
1.65

6870.45
10491.1
4586.40
3825.60
8735.00
7820.31
2681.45
7553.48
2492.40
2388.08
7103.78
7061.20
2331.69
2077.31
6009.46
5787.89
1943.38
5341.74
5282.11
5258.40

4.35
1.17
3.92
4.37
0.86
0.45
3.93
1.29
3.38
4.31
1.94
1.64
4.47
3.53
2.31
3.92
4.83
4.12
1.32
1.80

Fig. 1. The seasonal (left) and geographical (right) distribution of observations. The MOLA map (Smith et al., 1999) is used as a background for the right map.
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Fig. 2. The IR and UV extinctions for the Northern hemisphere. Black lines are the IR extinctions for 10 wavelengths, and red lines are the UV extinctions for three
wavelengths. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

The extinction coefﬁcient at an altitude z and wavelength k,
kext(k, z) is the product of the extinction cross-section and number
density integrated over the particle size distribution:

kext ðk; zÞ ¼

Z

1

rext ðk; zÞnðr; zÞdr;

ð1Þ

0

where n(r, z)dr is the number of particles per unit volume with
radius between r and r + dr. rext ðk; zÞ ¼ Q ext ðr; m; kÞpr 2 , r is a particle
radius and Qext is the efﬁciency factor of the extinction depending
on the radius r, the refractive index m of a particle and a wavelength
k and deﬁned for a given size distribution as

Q ext ¼

kext
¼
G

R r2
r1

pr2 Q ext ðrÞnðrÞdr
R r2
;
pr2 nðrÞdr
r1

ð2Þ

where G is the geometrical cross-section (Hansen and Travis, 1974).
The extinction by aerosol is modeled with a classical Mie theory
(the assumption of spherical particles described in detail by Hansen and Travis, 1974). Although the assumption of non-spherical
or irregular particles is more appropriate for the martian dust,
the extinction coefﬁcient measured in solar occultation is the least
sensitive to the effects of shape, and the Mie theory can be applied.
To compute the extinction by polydisperse spherical particles
using the Lorenz–Mie theory we applied the code by Michael Mishchenko and collaborators (http://www.giss.nasa.gov/~crmim/brf/;
Mishchenko et al., 1999).
Both gamma-modiﬁed (Toon et al., 1977; Markiewicz et al.,
1999) and log–normal (Pollack et al., 1995; Montmessin et al.,

2002) distributions of particle sizes have been used previously to
describe the martian dust. But it was shown that different forms
of functions having the same ﬁrst two moments (reff and meff) lead
to the same single scattering properties (Hansen and Travis,
1974). Montmessin et al. (2002) showed that the coagulation of
small particles <0.1 lm after several days results in distribution
that is approximately lognormal. Following Montmessin et al.
(2002) we choose n(r) as:

nðrÞ ¼ const  r 1 exp 

ðln r  ln r g Þ
2

2ln

rg

2

!
;

ð3Þ

where rg and rg are connected with the effective radius and variance as:

reff ¼ rg exp



5 2
ln rg ;
2

meff ¼ expðln2 rg Þ  1

The composition of the aerosol particles is an important issue.
Carbon dioxide ice clouds were recently detected and studied in
the mesosphere of Mars (Montmessin et al., 2006a; Määttänen
et al., 2010; Vincendon et al., 2011). The clouds form mostly
near the equator with optical depths s < 0.3 in spring–summer
season in the Northern hemisphere. They relate to mesospheric
clouds at altitudes higher than 60 km. We do not exclude the
CO2 clouds could appear in our data, but the studied altitude
range is within 20–60 km and the average temperatures for
these altitudes from MCS observations (McCleese et al., 2010;
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Fig. 3. The IR and UV extinctions for the Southern hemisphere.

Maltagliati et al., 2011) are too warm (higher than 130 K). We
therefore consider H2O and mineral dust as the only potential
absorbers.
For the water ice we adopted the refractive index from Warren
and Brandt (2008) at 266 K. This data set is signiﬁcantly improved,
in particular in the UV spectral range compared to earlier Warren
(1984) measurements used in Fedorova et al. (2009). The temperature dependence of the imaginary part in the IR as established by
Grundy and Schmitt (1998) has been applied. We refer to the temperature of 170 K, a likely value for the altitudes of interest.
The optical properties of the martian dust are updated from
the previous study (Fedorova et al., 2009), where the model by
Ockert-Bell et al. (1997) was used. Recently Wolff et al. (2009)
retrieved the refractive index of martian dust from CRISM on
board the Mars Reconnaissance Orbiter (MRO) single-scattering
albedo measurements in the range 440–2920 nm and near IR

images from Mars Exploration Rovers camera. A new refractive
index in the UV range (260–436 nm) is available from the Mars
Color Imager (MARCI) at MRO observations (Wolff et al., 2010).
Finally we used data from Wolff et al. (2009, 2010) as a dust
refractive index.
The comparison of different refractive indices is shown in Fig. 4.
Although there is a pronounced difference between the spectra of
dust and water ice, the spectra of absorption by an ensemble of Mie
particles integrated over the size distribution are virtually featureless (see Figs. 6 and 7 at Fedorova et al., 2009). There is no possibility to recognize dust or water ice aerosol from SPICAM spectra. We
therefore calculated extinction coefﬁcients adopting known optical
parameters of aerosol particles for two a priori models: dust and
water ice clouds, and will use additional information from other
observations in the thermal IR range to decide, which type of aerosol is preferentially observed by SPICAM.
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Fig. 4. Comparison of refraction indices of water ice and martian dust models based on the different studies. The black lines mark the wavelengths of extinctions measured by
SPICAM instruments. The real part of refraction index is shown in the top panel, and the imaginary part on the bottom panel. The refraction indices for H2O are from Grundy
and Schmitt (1998), Warren and Brandt (2008) and Warren (1984). The models for the martian dust are from Ockert-Bell et al. (1997), and Wolff et al. (2009, 2010).

The effect of the size, which manifests itself as a spectral slope,
is prominent for smaller particles with radius below 1 lm in the IR
range and particles with radius <0.5 lm in the UV. The examples
for the IR range of SPICAM can be found in Figs. 6–8 of Fedorova
et al. (2009) and in Fig. 9 of paper by Määttänen et al. (2013) for
the UV range.
In the lower part of the observed proﬁles the UV transmission
drops below detection limit, and only larger particles can be observed in the IR (see Fig. 3). Conversely, if the IR extinction is close
to zero, only the small particles can be observed in the UV. The observed extinctions have been normalized using ﬁxed reference
wavelengths as kext(k)/kext(ko). When both the UV and IR extinctions can be retrieved, we used the reference wavelength
ko = 1241 nm. It corresponds to the best signal-to-noise ratio of
the instrument and introduces a minimal relative error. When
the IR extinction is small we used the reference wavelength
ko = 250 nm. An example of relative extinctions for the orbit
5805A1 is shown in Fig. 5.
3.1. Single-mode approximation
First, the single mode approximation (Eq. (3)) has been used to
study the aerosols. The minimization of v2 statistically weighted
according to uncertainties of the measured quantity kext(k)/kext(ko)
with two variables meff and reff has been routinely applied using the
Levenberg–Marquardt algorithm (Press et al., 1996). Uncertainties
of results are derived from the square roots of the diagonal elements of the covariance matrix.
Examples of ﬁts to the measured spectral slopes assuming dust
and H2O ice refractive indices are presented in Fig. 6. For the altitude of 17 km, the agreement between data and model is good
enough and v2 = 0.40 and 0.99 for dust and ice, respectively. The

particle size equals to 0.96 lm if one assumes dust, and 1.38 lm
assuming water ice; the effective variance is 0.35. For the altitude
of 30 km, the model is unable to ﬁt the UV and IR data simultaneously, v2 = 8.3 and 11.7 for dust and ice, respectively. To ﬁt both,
a very broad distribution with effective variance of a factor of 10
greater (veff  3.5) is needed. Even in that case, the ﬁt quality is
poor, assuming either H2O or dust refractive indices.
3.2. Bimodal approximation
In the next step, the retrieval has been conducted assuming two
modes for the size distribution (the ‘‘bimodal’’ case). The distribution is expressed in the form:

kext ðk; zÞ ¼ N1

Z

r2
r1

pr2 Q ext ðrÞn1 ðrÞdr þ N2

Z

r2

pr2 Q ext ðrÞn2 ðrÞdr;

r1

ð4Þ
where n1(r) and n2(r) are presented by Eq. (3) and correspond to
mode 1 (large particles) and mode 2 (small particles). N1 and N2
are the number density coefﬁcients of the ﬁrst and second modes,
which are in fact the total number of particles, summed over all size
bins in the distributions.
The minimization has been done using Levenberg–Marquardt
algorithm with three parameters: two effective radii for the two
modes and the ratio of modes c ¼ NN21 . It is not possible to perform
robust retrieval with two more free parameters, and the variances
for the two modes have to be assumed (see next section). Uncertainties of results are derived from the square roots of the diagonal
elements of the covariance matrix.
Fig. 7 shows the data ﬁtting for the same example orbit as Fig. 6
for the cases of dust and H2O. The effective variances are assumed
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Fig. 5. Example of measured extinctions ratios at different altitudes for orbit 5805A1.

as 0.35 and 0.1 for the large and small modes respectively. At
17 km the agreement with data is good for both H2O and dust
and is consistent with the single mode distribution. v2 = 0.42
and 0.51 for dust and ice, respectively. At 30 km the best ﬁt is
achieved with two modes with particle sizes of 1.32 and
0.067 lm for H2O ice and 1.06 and 0.03 lm for dust with
v2 = 0.65 and 0.85, respectively, that is in one order lower than
for the single mode distribution. The c equals 900 ± 150 for ice
and 11,000 ± 1500 for dust, orders of magnitude larger than in previous work (Montmessin et al., 2002). The population ratio (25)
reported in this work was obtained for total proﬁle and there were
no altitude-depended estimation. As will be shown below, the ratio
varies with altitude for SPICAM observations. Moreover, Montmessin et al. (2002) analyzed the proﬁle for Ls = 176° that is far from
our Ls = 60–100° and the difference could relate to the different
season on Mars.
With the retrieved particle size distribution and known vertical
proﬁle of extinction coefﬁcient one can ﬁnd the aerosol number
density for the ﬁrst fraction as:

N1 ðzÞ ¼ R 1
0

kext ðzÞ
R1

pr2 Q ext ðk; zÞn1 ðr; zÞdr þ c

0

pr2 Q ext ðk; zÞn2 ðr; zÞdr

;
ð5Þ

Firstly, N1(z, k) was calculated for each kext(z, k) and its uncertainties were estimated as square root of reff1, reff2, and kext(z, k)
errors. Next the N1(z) were calculated as an optimal estimation
or an weighted average with corresponding error. N2 can be easily
recalculated using c and its uncertainty was estimated as the
square root of c and N1 errors.

4. Uncertainties and validations of data
4.1. The separation between ice and dust
As mentioned above, the main problem of our UV and near IR
data set that it is impossible to discriminate between ice and dust
aerosol. Fig. 8 shows vertical proﬁles of particle sizes, ratio of
modes and particle size distributions for the morning orbit
5481A01 in the Northern hemisphere, assuming separately ice
and dust refractive indices for both modes in the same orbit.
Fig. 9 illustrates the quality of ﬁt to the extinction data for different
altitudes assuming the H2O refractive index. The effective variances for both modes are assumed as 0.1. The only difference is
that the retrieved particles size for H2O ice is higher than that for
the dust and for the large mode corresponds to 1.3 lm and
0.8 lm, respectively. From 10 to 20 km the particle size of the larger fraction monotonically decreases and an increase of particle radius is observed near 20 km. This increase corresponds to a
prominent layer in the extinction proﬁle for orbit 5481A01
(Fig. 2, upper left panel) and suggests that cloud is lofted at this
altitude.
An extra information about cloud formation and dust vertical
distribution is necessary to separate what ice from dust. The Martian Climate Sounder (MCS) experiment at MRO (Kleinböhl et al.,
2009) detects ice and dust aerosols at the limb in thermal IR bands
at 12 lm and 9 lm respectively. The published observations relate
to the martian years 28 and 29 that intersect with the presented
SPICAM dataset (Heavens et al., 2011a,b; McCleese et al., 2010).
We used this data to make a priori assumptions. The MCS observations show that the dust haze layer extends up to 30 km and that
ice clouds can be found at altitudes from 20 to 40 km between
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Fig. 6. The best ﬁt to the extinction for orbit 5805A01 assuming refraction indices of dust and H2O and single-mode distribution. Top panels: the ﬁtting results for two
altitudes at 17.9 km and 30.2 km, red and blue points are relative extinctions for UV and IR channels respectively. Bottom panels: the retrieved particle size distribution for
the same altitudes. The resulting effective radius and variance are indicated. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web
version of this article.)

Ls = 45° and 90° for our latitude of 43° both on the dayside and
nightside (where ‘‘dayside’’ is 0900-2100LST and ‘‘nightside’’ is
2100-0900LST according to Heavens et al., 2011a,b).
The cloud layer apparent in ﬁve out of nine SPICAM Northern
hemisphere observations (Fig. 2) corresponds to the extremity of
the aphelion cloud belt (ACB) forming at low latitudes during the
summer season. Analyzing the proﬁles for orbit 5481A01 from
Fig. 2 (upper left panel) and 8 we see that at altitudes from 10 to
20 km extinctions and particle sizes decrease with the altitude
and the dust extinction most likely dominates. The larger particles
have the effective radius of 0.8 lm, the gamma is 1000 and radius
of submicron mode is about 0.05 lm (Fig. 8a, b, d, and e). At 20 km
the extinction increases (Fig. 2) and the large mode radius rises to a
maximum of 0.9 lm for dust and 1.5 lm for ice (Fig. 8a and d). The
cloud layer is obvious, and we assume the large mode to consist
fully of ice and with a radius of 1.4 lm. The small mode is presented with the same size distribution parameters while the ratio
of modes slowly decreases (Fig. 8b and e). At 30 km near the middle of cloud layer, the situation is changed (see the spectral dependence of extinction in Fig. 9 at 30 km) and the small mode does not
dominate any more. The particle size increases and the ratio of
modes reaches about 10 (Fig. 8b and e). In fact the single-mode
approximation ﬁts as well the data at this altitude. At altitudes of
34–37 km, the spectral dependence of extinction changes again,
and the small submicron mode emerges (Fig. 9). At the altitude
of 37 km the situation is similar to that at 23 km with two modes
and c  400–800. Noteworthy, the UV extinction is signiﬁcantly
higher than the IR (Fig. 9). From 20 to 37 km the big ice particle radius monotonically decreases to 1.1 lm (Fig. 8a). From 40 km and
higher, only the UV extinctions can be derived (Fig. 9 and

z41–44 km) suggesting the sole presence of the small mode with
particles radius of 50–70 nm if one assumes dust and 100 nm if
one assumes ice instead.
Based on the extinction proﬁles and the MCS observations, we
conclude that the large mode consists of ice from 20 to 40 km,
while below 20 km it is mostly dust. The submicron particles presented al all altitudes except 30 km where the ratio of modes sharply decreases and the single-mode size distribution can also well
ﬁt the data. Hereinafter we assume the submicron mode to consist
of mineral dust particles at all altitudes to simplify a data presentation. At high altitude where only UV extinction observed (see as
example Fig. 5 and 42.5, 48.7 and 55.9) the single-mode ﬁtting procedure will be henceforth applied.
4.2. Uncertainties related to assumed effective variance
In our bimodal retrievals we assumed a ﬁxed effective variance
equal to 0.1. However, reff, meff and number density have a non-negligible covariance making the retrieval of each parameter slightly
ambiguous. Several previous observations support a broad size distribution for particles in the martian atmosphere. Chasseﬁere et al.
(1992) retrieved an effective variance of 0.25 (±50%) for dust and
0.2 for clouds. Korablev et al. (1993) obtained a value of 0.2 from
the same solar occultation experiment. Clancy et al. (1995) derived
0.79 and 0.42 from Viking IRTM EPF and IRIS data. Markiewicz et al.
(1999) indicate a value of 0.25 + 0.05/0.01 for dust haze from IMP
midday sky brightness measurements on Mars Pathﬁnder. Tomasko et al. (1999) retrieved meff = 0.2–0.5 or more by imaging the
sky at 30° above the horizon at various time of day with the same
IMP experiment. Similar Viking Lander observations (Pollack et al.,
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Fig. 7. The best ﬁt for orbit 5805A01 assuming refraction indices of dust and H2O ice, and the bimodal distribution. Top panels: the ﬁtting results for two example altitudes at
17.9 km and 30.2 km, red and blue points are relative extinctions for UV and IR channels respectively. Bottom panels: the retrieved particle size distribution for the same
altitudes. Resulting effective radiuses and variances are indicated for both modes. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to
the web version of this article.)

1995) support values of 0.5 ± 0.3. The SPICAM IR observations at
lower altitudes (Fedorova et al., 2009) indicate that the IR spectra
are better ﬁtted with meff P 0.4. These observations all relate to the
large mode. Choosing a consistent variance is therefore a delicate
exercise.
We tested the sensitivity of the results to the effective variances
of both small and large fractions on the example of orbit 5481 as
described in Appendix B. Overall, the ﬁtted radius for different
variances varies within a 30% range. It is not possible to ﬁrmly
establish any preference from the data without a support of microphysical modeling. We therefore keep for our analysis a value of
meff = 0.1 for the small and large modes.
4.3. Number densities
Using Eq. (5) we calculated a vertical distribution of volume
number density for both modes, N1 and N2, respectively (Fig. 10).
In this ﬁgure we separate the large mode into ice (red curves)
above 20 km and dust (blue curves) below 20 km according to
the MCS observations. For the small mode the two possibilities
are considered assuming a constant dust or ice refractive indices
(black and green curves, respectively). Fig. 10 also shows the low
sensitivity of the number density to the effective variance.
The number density of dust particles in the main haze layer varies from 0.5 to 1.5 cm3 at altitudes of 10–18 km (Fig. 10), consistent with previous solar occultation estimations, in spite of
different seasons (Chasseﬁere et al., 1992; Korablev et al., 1993
at Ls = 0–20°; Fedorova et al., 2009 at Ls = 130–160°). The cloud
particles have a number density of 0.005–0.1 cm3 at low altitudes
where the maximum of extinction has been observed. The number
density of the small mode is however puzzling. It varies from up to

103–104 cm3 near the 10–15 km to 10 cm3 near the 30 km at the
top of the clouds for the dust particles. The same shape of the proﬁle and one order of magnitude smaller values are characteristic
for the ice particles (102–103 cm3 at 10–15 km). If the small mode
consists of dust particles, the decrease near 30 km might be explained by nucleation. Nucleation and further scavenging could remove the small particles. However, this is not consistent with the
number density of large ice particle mode of 0.1 cm3, that does
not require such large number of CCN. Above this layer of ice formation, the small mode increases monotonically even the errorbar
for the density is high above 37 km compared to the low altitudes.
Again we cannot decide if the small particles are of ice or of dust.
The increase of their concentration at 35–45 km suggests that
the small mode is already of ice particles condensed on even smaller dust nuclei (<20–30 nm) under supersaturation conditions.
Summarizing, the assumptions about the composition and the
effective variance can induce up to 40% uncertainties on the size
and number density of the ﬁne aerosol mode. This does not change
the main conclusions presented below.
5. Results
The vertical distribution of aerosol has been studied for 20
orbits for the beginning of Northern summer in MY29 (Ls = 56–
97°). Nine occultations have been selected for the Northern
hemisphere and 11 for the Southern hemisphere.
5.1. Results for the Northern hemisphere
The Northern hemisphere has been observed at latitudes of 40–
70° for Ls from 56° to 97° (Fig. 1). The latitude of observations is
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Fig. 8. The vertical distribution of reff for two modes of the distribution (left), the population ratio c (middle) and the particle size distribution for different altitudes (right), for
orbit 5481A01 retrieved assuming H2O (above) and dust (below) refractive indices. Assumed effective variance for the both modes equals 0.1.

Fig. 9. Data ﬁtting for orbit 5481A01 at different altitudes using H2O ice refractive index. The effective variances for both modes are ﬁxed and equal 0.1.
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Fig. 10. The vertical distribution of the number density for orbit 5481A01 for meff
values of 0.11, 0.35 and 0.65 (solid, dash, dot-dash). Green and black colors are the
small mode, ice and dust, respectively. Blue and red are the large fraction, dust and
ice, respectively. (For interpretation of the references to color in this ﬁgure legend,
the reader is referred to the web version of this article.)

249

changing in function of the season. Based on MCS observations
(Heavens et al., 2011a) we assume that the aphelion cloud belt is
observed at Ls = 56° (orbit 5481) and then for Ls > 85° (orbits
5721–5780) on latitudes below 60°N (see Fig. 2). During these periods we observe both in the UV and IR the aerosol layer extending
up to altitudes of 40–50 km. At Ls = 65–85° the observations are located above 60°N, the top altitudes of aerosols do not exceed 30–
35 km. The MCS observations reported possible downwelling at
Ls = 90° and 45°N based on temperature, dust and water ice vertical
proﬁles (Heavens et al., 2011a and paragraph 5.3). These latitudes
correspond also to the water ice clouds minimum as observed by
MCS between Ls = 45° and 90° at latitudes about 60°N and 45°N,
respectively, and the minimum separated the aphelion cloud belt
from polar clouds on the dayside (McCleese et al., 2010).
A remarkable feature of the Northern hemisphere observations
is that the UV extinctions rarely exceed the IR extinctions observed
at the same altitude (Fig. 2). It could mean that both the UV and the
IR proﬁles reﬂect mostly the fraction of coarse particles, up to the
top of the cloud layer. But on the example of orbit 5481 we have
shown that the small mode is necessary to explain the observed
extinctions (see Figs. 8 and 9).
Seeking for similarity in the observed proﬁles we have divided
the Northern hemisphere dataset in two subsets: equatorward
and poleward of the 60°N parallel. The retrieved vertical proﬁles
of effective radius and number density grouped following this rule

Fig. 11. Retrieved proﬁles of particle size and number density for the two modes of the bimodal distribution, assuming dust or ice refraction index. The results for ﬁve orbits
in the Northern hemisphere for latitudes >60°N are presented.
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Fig. 12. Same as in Fig. 11 for three orbits in the Northern hemisphere for latitudes <60°N.

are presented in Figs. 11 and 12. As discussed for the example of
orbit 5481, we assume that the particles of the large mode are
made of H2O ice above 20 km and of dust particles below 20 km.
For all data the bimodal distribution of aerosol is detected at altitudes of 10–50 km. For the high-latitude subset the aerosol layer
extends up to the altitude of 30 km (Fig. 11); in the mid-latitude
subset the elevation is higher and amounts to 40–50 km
(Fig. 12). A high-altitude cloud has been observed once at
45 km (orbit 5721) with an increase of aerosol number density
for the large mode (Fig. 12c). The number density of the small
mode changes from 104 cm3 at 10 km to 102 cm3 at 30–35 km
(Figs. 11c and 12c). The lowest concentration of 10 cm3 at 40–
45 km was detected for orbits 5721, 5756. The particle size of small
mode reff = 0.039 lm (>60°N, Fig. 11b) and 0.048 lm (<60°N,
Fig. 12b) averaged from all orbits in the subsets at altitude range
of 10–50 km. The particle size of the large mode in case of dust
is 0.76 lm with the number density varying from 0.4 to 2 cm3.
For the case of ice reff  1.2 lm, and n = 0.01–0.3 cm3. The
retrieved parameters of the bimodal distribution for the Northern
hemisphere are summarized in Table 2.
5.2. Results for the Southern hemisphere
The Southern hemisphere has been observed for the latitudes of
31–60°S for Ls from 59° to 97° (Fig. 1). Here we observe the cold
region close to Southern polar night, which is the area of

downwelling of the Hadley cell in the Northern summer solstice.
According to the MCS observations (Heavens et al., 2011a,b) the
atmosphere is essentially clear of dust, and some equatorial clouds
are observed below 45°S. As for the Northern hemisphere we divided the data in two subsets with latitudes below and above
50°S (Figs. 13 and 14).
The orbits 5522, 5637 and 5682 correspond to high Southern
latitudes (>50°S) close to polar night. According to MCS observations at Ls = 45° (McCleese et al., 2010, Figs. 13 and 17) both dust
and water ice particles were present at altitudes below 20 km
and atmosphere was clear above. The nature of particles below
20 km is not obvious from SPICAM observations and we assume
they are mostly mineral dust, but they could be also a mixture of
dust and ice. For the case of dust the average particle size was
0.75 lm with number density varying from 0.1 to 2 cm3. For the
case of ice reff  0.86 lm, and n varied from 0.005 cm3 to
0.05 cm3, smaller than for the Northern hemisphere data. There
are two main differences from the Northern hemisphere observations: (1) below 20 km the UV extinctions are already saturated;
we cannot separate the ﬁne fraction, and only coarse fraction has
been determined; (2) the IR extinctions extend to 30 km but the
UV extinctions extend to 60 or even 70 km for all orbits. The effective radius of the ﬁne fraction is larger than that retrieved for the
Northern hemisphere and equals to 0.07 lm with densities
decreasing from 100 cm3 at 35 km to 0.6 cm1 at 70 km. From
the observation 5637 we can estimate a scale height of the small
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Table 2
Parameters of the bi-modal distribution for different group of data.
r1, lm
>60°N (Ls = 65–85)
<60°N (Ls = 86–93)
>50°S (Ls = 61–81)
<50°S (Ls = 83–97)

0.75 ± 0.02
0.77 ± 0.05
0.75 ± 0.01
0.82 ± 0.08

r2, lm
1.12 ± 0.32
1.25 ± 0.12
0.86 ± 0.05
1.34 ± 0.32

r3, lm
0.039 ± 0.006
0.048 ± 0.012
0.071 ± 0.029
0.062 ± 0.014

N1, cm3
0.4–2
0.8–1.5
0.1–2
0.05–2

N2, cm3
0.04–0.1
0.01–0.3
0.005–0.05
0.001–0.8

N3, cm3
4

200–10
5–5  103
1–100
1–5  103

H1, km

H3, km

A1, km

A2, km

6.6

5.1

30
40
<30
<50

30–35
50
>70
70

9.9

Notes: r1 (lm) is an average effective radius of big dust mode below 20 km; r2, lm is an average effective radius of big ice mode higher 20 km; r3, lm is an average effective
radius of small dust mode; N1, cm3 is the integrated number density of big dust mode below 20 km; N2, cm3 is the integrated number density of big ice mode higher 20 km;
N3, cm3 is the integrated number density of small dust mode; A1, km is the maximal altitude of big mode and A2, km is the maximal altitude of small mode. H1, km is the scale
height of big dust mode lower 20 km; H3, km is the scale height of small dust mode.

Fig. 13. Same as in Fig. 11 for three orbits in the Southern hemisphere for latitudes >50°S.

mode, which equals 9.9 km, indicating that the particles are well
mixed. Below 30 km a mostly constant number density is observed
that might relate to the cloud formation processes, scavenging, or
rapid coagulation of small particles in presence of large particles
(see discussion below).
For the second part of observations corresponding to solstice
(Ls  90°) and latitudes below 50°S based on MCS (McCleese
et al., 2010) we do not expect dust particles above 15 km, but even
below the density of the particles has to be very low. The MCS observed clouds at 20–40 km, but owing to very cold conditions a
small cloud opacity was also observed below (McCleese et al.,
2010). From SPICAM data we observe the aphelion clouds at

25–35 km in all IR extinctions proﬁles from orbit 5695 to 5806
(Fig. 14). Again, below 20 km the UV extinctions are saturated
and only the coarse aerosols fraction could be determined.
The main difference of this subset from the Northern hemisphere observations is the layer observed in the UV, and not visible
in the IR, reﬂecting a presence of clouds composed of very small
particles, undetectable at wavelengths >1 lm (Fig. 3). The layer
detected at latitudes <50S locates at 40–50 km. The particle size inside the layer is 0.06 lm and the number density varies from 100
to 3000 particles in cm3 assuming dust refractive index for
small particles (Fig. 14). Assuming the ice refractive index for the
small particles we would retrieved in 40% higher particle size (as
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Fig. 14. Same as in Fig. 11 for eight orbits in the Southern hemisphere for latitudes <50°S.

described in Section 4) and in several times lower density within
the layers. The optical depth of the layer does not exceed 0.05.
The layer could relate to the convergent ﬂow in the downwelling
branch of the Hadley cell. Both observations (Smith, 2002) and
general circulation modeling of the Martial water cycle (Montmessin et al., 2004; Navarro et al., 2013) reveal excess of water vapor in
the Northern midlatitudes during the South summer solstice, i.e. in
the perihelion season, due to convergence of the strong meridional
cross-equatorial circulation. The absence of similar water-enriched
area in the Southern midlatitudes during the aphelion season is a
consequence of saturation at low altitudes and scavenging ﬁrst
proposed by Clancy et al. (1996). However, scavenging affecting
the large fraction of ice aerosols may be inefﬁcient for the small
fraction, which acts as a passive tracer. Thus it is the small aerosol
fraction that visualizes the actual airmass ﬂow in the winter hemisphere during the aphelion season, whereas both water vapor and
large water ice cloud particles are detached from this ﬂow: the ﬁrst
due to condensation and the latter due to sedimentation. We cannot distinguish the composition of this fraction. It may include
both water ice crystals and ﬁne dust particles that avoid nucleation
within the main cloud deck. We note again that Fig. 14 presents results for the small mode assuming the dust refractive index.
In fact the extension of the small particles up to 70 km in the
Southern hemisphere for both subsets of observations higher and
lower 50°S could be consistent with asymmetry of the meridional
circulation pattern during the solstice season, when the winter

Southern branch is much stronger and extends higher up than its
weaker Northern counterpart. The difference in the proﬁles could
relate to the Ls and latitude drift that changes that correspond to
different intensity of circulation.

6. Discussion
6.1. Comparison with water vapor proﬁles
Recently reported supersaturation of water vapor in the martian atmosphere during the Northern summer solstice season
(Maltagliati et al., 2011) is based on the same SPICAM dataset.
The water vapor proﬁles retrieved from the IR solar occultations
using H2O 1.38-lm absorption band show the excess of H2O at altitudes 30–50 km above the hygropause level at Ls = 50–100°. The
saturation ratio S reached 10 in the Northern hemisphere at 30–
50 km, and was about 3–4 in the Southern hemisphere at 30–
45 km (see Fig. 3 of Maltagliati et al., 2011). The theory predicts
that S greater than 1.18 (see Määttänen et al., 2005 for details) is
needed for nucleation of CCN of 1 lm in certain conditions, and
that the critical saturation ratio Scrit increases with decreasing
CCN radius. Indeed, nucleation is highly sensitive to CCN radius.
For rCCN < 0.1 lm, the Scrit increases exponentially prohibiting
nucleation in most cases (Pruppacher and Klett, 1997; Montmessin
et al., 2002; Määttänen et al., 2005). Thus the observed supersatu-
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rations, which are much higher than the Scrit = 1.18 for 1 lm particles, give strong indications of the atmospheric conditions. The reason for the observed large supersaturation is likely attributed to
the lack of particles large enough to nucleate and to permit all
the supersaturated water vapor remaining at these altitudes to
condense. The absence itself of the large particles is probably a result of efﬁcient scavenging effect associated with ice particles falling out and carrying their dust core with them.
The small aerosol fraction was detected in all our observations
but its altitude distribution and number density were different
for the two hemispheres. Our results for the small mode are mostly
consistent with the results of Maltagliati et al. (2011) as discussed
below.
6.2. Northern hemisphere observations
In the Northern hemisphere at Ls = 60–85° and latitudes higher
60°N we did not observe any aerosols above 30 km either in UV
and IR. It implies that the number density of the small mode falls
below 1 cm3 and there are not enough condensation nuclei. The
highest level of supersaturation here reported by Maltagliati
et al. (2011) equals 5 and it is consistent with the observed absence
of any particles. The MCS and CRISM observations (McCleese et al.,
2010; Smith et al., 2013) support that the atmosphere was very
clear at that time.
For Ls > 85° and latitudes below 60°N the condensation has begun and we already observe cloud layers at 40–50 km and below.
The number density of the small mode varies from 100 cm3 at
30 km to 1 cm3 to 50 km. In this case, it is difﬁcult to explain
the supersaturation of water that reached sometimes 10 (Maltagliati et al., 2011). The temperature from MCS observations during
this season is 140–160 K at 30–50 km (Kleinböhl et al., 2009). Laboratory studies of martian water ice cloud formation using dust
aerosol stimulants reported an increase of the critical saturation
ratio Scrit with decreasing temperature (Ladino and Abbatt, 2013).
At temperature of 150–160 K, Scrit can reach 3.3–3.8 (Phebus
et al., 2011; Iraci et al., 2010) and even 8 (Trainer et al., 2009).
The temperature dependence observed was not predicted by
classical heterogeneous nucleation theory, when assuming a
temperature-independent contact parameter, m. Trainer et al.
(2009) and Iraci et al. (2010) proposed several approximations
for the temperature-dependent contact parameter of a nonsoluble substrate in the range of 150–240 K and 158–185 K,
respectively.
Another reason for the presence of the supersaturation is that
the particles of the small mode are too small and can thus escape
nucleation. The heterogeneous nucleation rate (Jhet) requires much
higher Scrit to allow nucleation on the smaller particles. The laboratory measurements of Ladino and Abbatt (2013) show that Scrit is
constant in the range of CCN from 0.24 to 0.4 lm. But we do observe particles as small as 0.04–0.08 lm. It is possible that Scrit increases to involve particles with reff < 0.1 lm.
We have calculated the rate of surface nucleation in the two
approximations: the germ growth by direct vapor deposition, or
the growth by surface diffusion of adsorbed molecules (Pruppacher
and Klett, 1997). We tested the temperature range of 160–180 K
and density of water molecules from 1010 to 1015 cm3 corresponding to our observations. The result is very sensitive to the
contact parameter m (Michelangeli et al., 1993; Montmessin
et al., 2002). The temperature approximation for m has been taken
from Iraci et al. (2010) m = 0.0046T + 0.1085. Fig. 15 demonstrates
critical saturation ratio (corresponding to 1 germ cm2 s1) as a
function of CCN radius for heterogeneous nucleation for the following parameters: T = 180 K, nH2O = 1010 cm3. Other parameters
were taken from Määttänen et al. (2005). For T = 180 K (m = 0.94)
the critical saturation ratio for the two approximations varies from

Fig. 15. Nucleation curves as a function of CCN size for two hypothesis: surface
diffusion, and direct vapor deposition; the following parameters have been used:
T = 160 and 180 K, NH2O = 1010 cm3 and temperature-dependent m. The critical
saturation ratio for heterogeneous nucleation corresponds to 1 germ cm2 s1.

1.5 to 1.7 and an increase of Scrit starts from r < 0.1 lm. For the
nucleus radius of 0.01 lm Scrit does not exceed 2. But for
T = 160 K when m decreases (m = 0.84) the critical saturation ratio
for the two approximations varies from 3.6 to 5.5. Therefore the
low temperature is a more likely reason to increase S than the
small particle size for observations at Ls > 85°.
6.3. Southern hemisphere observations
For the Southern hemisphere we have observed the small mode
persistently from 20 to 70 km. For this cold season near the winter
pole the water vapor mixing ratio does not exceed 1 ppmv until
Ls = 76.6° (Maltagliati et al., 2011, 2013). From Ls = 77° to 89° the
water vapor mixing ratio increases, yet no supersaturation has
been observed. Only from Ls = 88° does the supersaturation begin
to be prominent at 30–40 km with maximal values of 3–4 for the
saturation ratio from orbit 5769 to 5806 (Maltagliati et al., 2011,
2013). The supersaturation values are however smaller than for
the Northern hemisphere and are located above the cloud layer
at altitude of 30 km. The temperature at altitudes of 30–50 km
from MCS observations and the Martian General Circulation modeling (Millour et al., 2008) in this season varies from 148 to 162 K.
The particle size of the small mode with a radius of 0.07 lm on
average is higher than in the Northern hemisphere. Scrit decreases
inversely with CCN radius and should thus be different between
the two hemispheres. The value Scrit = 2 is acceptable (Fig. 15),
higher Scrit can be explained by temperature dependence of Scrit
(Ladino and Abbatt, 2013).
Other potential explanations for the observed supersaturation
in presence of the small mode particles, which we do not consider here, are: (1) the small mode is ice (but actually in the
presence of ice supersaturation would be immediately destroyed
by rapid condensation), (2) the saturation ratios obtained by
Maltagliati et al. (2011) were based on the MCS temperature proﬁles for the same MY29 and the Martian General Circulation
Model (Millour et al., 2008) because of the lack of simultaneous
retrieval of temperature by the SPICAM instrument. The MCS
observations correspond to not exactly the same local times
and locations, therefore Scrit from SPICAM IR has uncertainties related to the temperatures (see discussion in Maltagliati et al.
(2011)).
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6.4. Stability of the small mode against coagulation
We observe the small mode in both hemispheres for a wide
range of latitudes and in the Ls range of 40° that corresponds to
about 76 martian days. Is the small mode able to survive for a long
time despite coagulation, sedimentation and other microphysical
processes?
Below we estimate the stability of the bimodal distribution to
coagulation. Coagulation occurs when two particles collide and
stick together reducing the number concentration but conserving
the volume concentration in the atmosphere. Particles can collide
due to the Brownian motion or gravitational selection of particles
with different sizes (different fall speed). The coagulation process
is a strong function of particles density and radius. But in presence
of large particles the coagulation rate coefﬁcient is large for collision of large and small particles and the small mode would be
quickly absorbed by the large fraction. Michelangeli et al. (1993)
and Montmessin et al. (2002) have shown that the coagulation
on Mars involves essentially particles radii smaller than 0.1 lm.
We consider the thermal (Brownian) coagulation and solve the
coagulation equation based on the semi-implicit scheme described
in Jacobson (2005) (Jacobson et al., 1994) with conservation of volume. In the martian atmosphere the Knudsen number (NKn) equal
to the ratio of the mean free path of an air molecule to the radius of
a particle will be more than 10 (NKn > 10) for all particles with
r < 1 lm at all altitudes. For r = 1.5 lm NKn < 10 only at altitudes
below 20 km. If NKn > 10 we have the Brownian collision kernel
in the free-molecular regime which is a function of a particle size
and the thermal speed of a particle in air.
We do not perform calculations for different altitude levels. In
the case of Brownian
pﬃﬃﬃ coagulation the kernels depend on the thermal velocity as T that damps the temperature variation in the
20–60 km altitude range. There, the 150–250 K temperature
includes a change of coefﬁcient of no more than a factor 1.3.

We calculate the evolution of particle distribution on a timescale of 300 sols for the bimodal log–normal distribution. The large
particles have a ﬁxed reff = 1 lm and an initial N01 = 1 particles/
cm3 and variable meff = 0.1, 0.35 and 0.65. The small mode has a
ﬁxed meff = 0.1 and variable reff = 0.04–0.2 lm and initial N02 = 1,
10, 100, 1000, 10,000 cm3. We consider a dust for both small
and large modes and take the density of dust particles equal 2 g/
cm3. Fig. 16 shows the evolution of the distribution for reff = 0.06 lm and different initial number density. For N02 = 1–100 cm3 the
small mode is relatively stable during the ﬁrst 10 days and starts
to decrease in concentration after. For N = 103 cm3 the distribution is stable during one sol but later 10 days the number density
decreases by a factor of 3. Correspondingly, reff for the small mode
is increased to 0.1 lm. After 75 days, the population peak has decreased by a factor of 30 and reff has been increased to 0.2 lm.
The particles with r < 0.02 lm have completely disappeared. For
N = 104 cm3 the density falls much faster and the particles with
r < 0.02 lm disappear after 10 days. The rate of loss of small particles increases with the initial number density of the small mode.
The distributions observed on low altitudes in the Northern hemisphere are unstable at a timescale of 1 week (Figs. 11 and 12), most
likely due to coagulation. In the Southern hemisphere the number
density of the small mode is 102 cm3 (Figs. 13 and 14) and the
lifetime of the small mode could reach 50–100 days or more. Larger
particle size of the small mode in the Southern hemisphere also
supports that the small mode is more stable than in the North.
Coagulation could be slower than predicted by the sole Brownian diffusion. In particular, we did not consider potential impact of
charging which may signiﬁcantly alter the ‘‘sticking’’ efﬁciency between particles. This could play either way and in the absence of
detailed modeling, it is impossible to determine the net result. In
principle, particles of a particular size class will carry the same
amount of charges and would thus repel each other, which may
eventually reduce their accretion efﬁciency.

Fig. 16. Evolution of the bimodal log–normal particle size distribution with coagulation during 300 sols. The large particles have a ﬁxed reff = 1 lm, initial N01 = 1 particles/
cm3 and variable meff = 0.35. The small mode has meff = 0.1, reff = 0.06 lm and initial N02 = 1, 10, 100, 1000, 10,000 cm3. The different colors mark the number of sols from the
beginning. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)
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6.5. Possible sources of the small mode
First, we consider the contribution of meteoric dust. The mass
ﬂux of micrometeorites has been estimated by Flynn (1992) and
amounts to 2–3  106 kg/year of meteoric particles <1 lm delivery
to Mars. It corresponds to F = 2.34  1017 g/cm2/s or
F = 2.3  1018 g/cm3/sol altitudes of 70–80 km where the maximum of ablation occurs in the martian atmosphere (Molina-Cuberos et al., 2008). Let us consider the mass loss of the small mode due
to coagulation for r < 0.1 lm as a function of time (martian sols) for
different initial reff (from 0.04 to 0.1 lm) and number density (from
1 to 104 cm3) (Fig. 16). During the ﬁrst day the mass loss varies
from 1017 g/cm3 to 1012 g/cm3 for different examined distributions. Even the lowest estimation exceeds the meteoric source
byr at least one order of magnitude. Therefore, the meteoric dust
cannot be a stable source of the small mode.
The sedimentation timescale of small particles with reff = 0.1 lm
and 0.01 lm at altitudes of 20 km corresponds to 100 days and
1000 days, respectively. The eddy diffusion time is 10 days and
such particles are therefore well mixed and relatively stable
against sedimentation. In the Northern hemisphere the concentration of small particles is large, enhancing coagulation and thus radius increases, which will in turn favor sedimentation. In the
Southern hemisphere the density of small particles is about
102 cm3 and the coagulation time is much shorter than the eddy
mixing time. In this case the distribution of the small mode shall be
governed by advection.
Kahre et al. (2008) have estimated the dust lifting velocity from
the wind stress and dust devils. For Ls = 50–100° the mass loading
from wind stress does not exceed 106 g/cm2/sol. The dust devils
could give the mass loading up to 3  106 g/cm2/sol. Taking the
mass loss of the small mode due to coagulation in cm3 (see above)
and the scale height of 10 km for the aerosol particles we estimate
the mass loss for one martian sol from 1011 g/cm2/sol to 106 g/
cm2/sol. Even extreme value is smaller than the expected lifting
velocity from the dust devils. The dust devils are a likely source
of the small mode in this season.
There are several issues with the observed small mode concerned to the Earth analogs so called Aitken particles with
r < 0.1 lm. The concentration of Aitken particles on Earth near
the surface rarely exceeds 103–104 cm3. Total particle concentration in the air over land generally ranges between 103 and
105 cm3; over cities it may reach 106 cm3 (Pruppacher and Klett,
1997). But the main contribution to Aitken particles comes from
gas to particles conversion. The minerals provide only a minor part
for the size range. The radius of the silicate particles ranges typically between 0.3 and 20 lm, the most preferable of 2–5 lm. Small
contribution of meteoric dust exists in the stratosphere (Hunten
et al., 1980). A bimodal distribution on the Earth is well known.
The Earth aerosol is mostly bimodal or three-modal and the ﬁrst
maximum located near 0.1 lm (Pruppacher and Klett, 1997, Section 8). Particles smaller than 0.1 lm rapidly stick to the larger
ones by thermal coagulation, in a way which reduce their number
concentration progressively with decreasing size. Following a local
minimum caused by the coagulation effect, the aerosol particles
concentration rises again resulting from continuous gas-to-particle
conversion for particles r < 0.01 lm (Pruppacher and Klett, 1997
and references therein). Similarly, coagulation could explain the
presence of the small particle maximum and the bimodal distribution in the martian atmosphere.
6.6. The bimodal distribution and other data sets
The coarse mode of the aerosol particles on Mars has been studied for a long time. The orbital observations and measurements
from the surface indicate reff of the dust particles varying from 1
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to 2 lm with variances of 0.2–0.4. The ﬁne fraction with reff < 0.1 lm can be detected remotely only in the UV–visible range. To our
knowledge there was no positive detection of the ﬁne fraction before the Mars Express mission. Dlugach et al. (2002, 2003) has reported small particles with reff = 0.06–0.08 lm with veff = 0.2 from
polarimetric observations of Mars out of the dust storm in 1968–
69 at wavelengths 225–434 nm and during the dust storm of
1971 at 260–717 nm. The optical depths obtained in this work
are low (s  0.02) and it is not possible to reconcile them with estimations from other experiments. But assuming the polarimetry of
Mars in the UV–visible range is mainly sensitive to the ﬁne fraction
of aerosol, as detected by Mars Express, the results of these old
observations could be valid.
Auguste experiment on Phobos 2 spacecraft (Chasseﬁere et al.,
1995) observed aerosols in solar occultation from 215 nm to
3.7 lm in the equatorial region (0–20°N latitude) near the northern spring equinox (Ls = 0–20°). Because of pointing problems,
the UV and IR proﬁles could not be analyzed simultaneously in
the whole altitude range preventing from the detection of the bimodal distribution. The effective radius of the dust particles near
the top of the opaque layer was 0.95 ± 0.25 lm (25 km) that is
a little higher than our estimation at the same altitudes. This difference may be explained by the different season.
The ﬁrst ﬁrm detection of the ﬁne fraction can be attributed to
SPICAM UV occultation proﬁles (Montmessin et al., 2006a;
Määttänen et al., 2013). The SPICAM UV channel in stellar occultations in the Southern polar night detected the hazes at Ls = 68–
98°, latitudes of 73–75°S composed of particles with Angström
coefﬁcient a greater than 2. Such a values are consistent with
particle radii <0.1 lm (Montmessin et al., 2006a). In that study
such particles were attributed to water ice clouds predicted by
climate models. But if the haze particles observed by SPICAM
are of mineral origin, their size suggests the presence of an Aitken population, which has escaped nucleation. These small particles size have been only detected for the indicated season, and
above 60 km. Määttänen et al. (2013) have analyzed SPICAM
UV solar occultation dataset and conﬁrmed large a values for
the same season.

7. Summary
In this paper we have analyzed solar occultation observations
performed simultaneously by ultraviolet and infrared channels of
SPICAM spectrometer on Mars Express. We selected 20 observations in the beginning of Northern summer of MY29 (Ls = 56–
97°), 9 in the Northern hemisphere and 11 in the Southern hemisphere. The latitudes observed include cold dust-clear area near
the polar night in the Southern hemisphere and the middle and
high northern latitudes corresponding to the edge of the aphelion
cloud belt and the range free of clouds at 60°N. This season is
mostly interesting owing to recent detection of water vapor supersaturation, which is closely connected to the number of condensation nuclei.
For the ﬁrst time, a combined analysis of the UV and IR channels
in the spectral range from 200 to 1550 nm has allowed to derive
unambiguously a bimodal size distribution for martian aerosols
in an altitude range of 10–40 km and to track its vertical and temporal evolution:
(1) The main mode of the distribution has been determined for
both dust and H2O particles with a retrieved average radius
of 0.7 and 1.2 lm, respectively. We are unable to separate
ice and dust from SPICAM observations, so we based our
interpretation on MCS observations for the same season
and MY29 (McCleese et al., 2010).

256

A.A. Fedorova et al. / Icarus 231 (2014) 239–260

(2) A small mode of submicron particles has been detected for
both hemispheres. The average radius is 0.044 lm and number density varies from 5 cm3 at 60 km to 104 cm3 at
20 km for the Northern hemisphere. The average radius is
0.066 lm and the number density ranges from 1 cm3 at
60 km to 103 cm3 at 20 km for the Southern hemisphere
The small mode extends vertically up to 70 km in the Southern hemisphere whereas it remains around 30–40 km in the
Northern hemisphere. This is consistent with asymmetry of
the meridional circulation pattern during the solstice season,
when the winter Southern branch is much stronger and
extends higher up than its weaker Northern counterpart.
(3) Low-altitude clouds have been observed at 20–30 km. Such
clouds correspond to the poleward edge of the aphelion
cloud belt both in the Southern and the Northern hemisphere. Their opacity in UV and IR is below 0.03.
(4) Clouds in the Southern hemisphere have been detected at
40–50 km in the UV only with a total opacity below 0.05,
too small to be detected in nadir (sub-visible clouds). The
average particle size is 0.06 lm and the number density
in the clouds varies from 100 to 5000 cm3.
(5) The highest level of supersaturation at the Northern hemisphere at altitudes of 30–50 km reported by Maltagliati
et al. (2011) for latitudes >60°N is consistent with the
observed absence of any particles (small or large) above
30 km in our observations. For latitudes below 60°N it is
more difﬁcult to explain the supersaturation since at least
10–100 cm3 particles has been observed at 30–50 km with
reff  0.05 lm on average. Our estimation of the critical saturation ratio based on the nucleation rate calculation gives
Scrit  2 for particles from 0.01 to 0.1 lm. The high supersaturation may be explained by high values of Scrit at low temperatures reported by several authors (Ladino and Abbatt,
2013). In the Southern hemisphere the small particles with
r  0.07 lm are always present but Scrit < 4 derived by
Maltagliati et al. (2011) is within the uncertainties of nucleation rate and temperature dependence.
(6) Brownian coagulation quickly removes particles with
r < 0.1 lm and number density P1000 cm3. For the small
mode with reff = 0.04–0.05 lm and N  103 cm3 in the
Northern hemisphere a source of particles is required to balance the loss by coagulation. Micrometeorite mass ﬂow estimations are too low, whereas a surface source (wind stress

dust lifting and dust devils) appears more plausible. In the
Southern hemisphere the small mode with reff = 0.07 lm
and N < 102 cm3 is more stable and can survive 50–
100 days or more. Similar to the Earth aerosol distribution,
coagulation of small particles could explain the bimodal type
of distribution.
The Mars Express occultation database is large and is being continuously populated (Maltagliati et al., 2013; Määttänen et al.,
2013). Further analysis of the IR and UV solar occultations would
help to constrain the seasonal and geographical variations of the
small and large modes of aerosols. Considering the impact of aerosols on present-day Mars climate, the present study opens a new
path of exploration for modelers in their research.
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Appendix A
By principle of solar occultation, an atmospheric transmission
spectrum is directly obtained from relative measurements so the
photometric calibration of the instrument is not required.
Inside the atmosphere the solar radiance is modiﬁed by opacity
of atmospheric constituents (aerosols and gases) according to Bougher–Beer–Lambert’s law:

Ik ðlÞ ¼ I0 expðsk ðlÞÞ;

ðA1Þ

where l is the optical path in the atmosphere, I0 is the solar ﬂux outside the atmosphere, sk is the optical depth on the LOS. On Mars the
atmospheric refraction can be neglected. At the altitude of 10 km
the refraction angle is as low as 0.30 . Outside gaseous absorption
bands, slant optical depth of aerosol is readily calculated from
occultation techniques as

Fig. B1. The sensitivity of effective radius (left) and c (right) to variations of the effective variance. The example for orbit 5481A01 is shown, assuming refractive index of dust
for both fractions. meff values are 0.11, 0.35 and 0.65. The black curves are for the large mode, and the red curves are for the small mode. (For interpretation of the references to
color in this ﬁgure legend, the reader is referred to the web version of this article.)
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Fig. B2. The sensitivity of the retrieval for UV extinctions to effective variances (three ﬁxed meff values of 0.1, 0.35 and 0.8 and variable variance). Top: for dust refractive
indices, bottom: for H2O ice refractive indexes. On the left: vertical distribution of effective radius and variances used for the modeling. The triangles makes effective variance,
the circles mark effective radius. On the right: ﬁtting curves for size parameters on the left for different altitudes. Different colors mark meff values 0.11, 0.35 and 0.8, and the
red color marks the case of variable meff. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

sk ðlÞ ¼  lnðIk ðlÞ=I0 Þ:

ðA2Þ

For IR channel the reference spectrum is obtained as the averaged solar spectrum recorded outside of the martian atmosphere
at altitudes from 120 to 170 km. The minimum measurable slant
optical depth is determined by the SNR of the instrument as discussed in Fedorova et al. (2009), and equals to 8  103 for channel
0 and 4.5  103 for channel 1. An example of the slant optical
depth proﬁles obtained from SPICAM IR channel can be found in
the paper by Fedorova et al. (2009, Fig. 3) and Maltagliati et al.

(2013). All retrievals include estimates of error for each quantity
on each pressure level based on both the uncertainties in the observed radiances due to detector noise and the residual in the ﬁt
to the observed radiances by the retrieval (Fedorova et al., 2009).
Extinction proﬁles are retrieved using traditional ‘‘onion peeling’’ method and Tikhonov regularization (e.g., Rodgers, 2000).
Both methods give a good agreement except regularization proﬁles
are more smoothed and have lower statistical error. In case of
‘‘onion peeling’’ the exact value of extinction coefﬁcient for level
i is
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Fig. B3. Sensitivity of effective radius and c in the bimodal distribution to effective variances for the small mode. Blue color relates to meff = 0.11, red color relates to 0.35. Both
variances support a good ﬁt to the data at different altitudes (right panels). (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web
version of this article.)

ki ¼

si 

n
X

!
K ij kj =K ii ;

ðA3Þ

j¼iþ1

where K is the geometric length over the LOS, si is the slant optical
depth for ith layer.
The error variance is calculated from diagonal of covariance
matrix

d2ki

¼

d2si

þ

n
X

!
K 2ij d2kj

=K 2ii

ðA4Þ

j¼iþ1

where K is the geometric length over the LOS, di is the error of slant
optical depth for ith layer, dkj is the extinction error variance for jth
layer.
The procedure of data processing and spectral inversion for UV
is presented in papers Montmessin et al. (2006b) and Määttänen
et al. (2013). The ﬁt of a transmission spectrum is achieved with
simultaneous adjustment of NCO2, NO3, s0 and a using a Levenberg–Marquardt algorithm where NCO2 and NO3 are the slant density of CO2, O3, respectively, and s0 is the slant opacity of aerosol at
the reference wavelength ko ﬁxed
 at 250 nm and a is a Ångström
a
coefﬁcient so that saer ðkÞ ¼ s kk0 . An example of the slant opacity
proﬁles obtained from SPICAM UV channel in solar occultation can
be found in the paper of Määttänen et al. (2013, Fig. 2).
The method used to perform the vertical inversion of extinction
in UV also was presented in Quémerais et al. (2006) The vertical
inversion error are acquired by applying the Tikhonov-regularized
inversion kernel to the covariance matrix that contains the spectral
inversion procedure error (Quémerais et al., 2006).

for different variances varies within a 20% range. The small mode
is not sensitive to these changes of the large mode. In addition,
the effective variance has a small impact on c coefﬁcient (right panel) which slightly increases with increasing variance.
We also tested the sensitivity to the effective variance of the
small mode. First we modeled variations of size depending on
the effective variances only for UV extinctions. We ﬁxed
ln(r)2 = 0.1, 0.3 and 0.6 that is equivalent to meff = 0.11, 0.35 and
0.8 and let reff vary in response. Also we ﬁtted data for two variables meff and reff. Fig. B2 shows the results of modeling and examples of the ﬁt. For a H2O ice assumption, the effective radius varies
within 0.1–0.15 lm and adjusted meff is associated with a broad size
dispersion with a value of 0.8 for altitudes below 35 km. For a dust
assumption, reff varies within 0.05–0.08 lm and ﬁtted meff has a value of 0.4 below 35 km except 30 km. Fig. B2 demonstrates that
both H2O and dust can well produce the data for all meff. No discrimination is therefore possible between the two compositions. At altitudes higher than 35 km, a narrow distribution with small meff is
preferred especially for dust. At 30 km value of 0.3 for meff better
reproduces the data.
Second, we tested different variances of the ﬁner fraction in
case of our bimodal distribution. We used meff = 0.35 for the large
fraction and meff = 0.1 and 0.35 for the small mode. We did not
use larger effective variance for small particles since it would require anomalously small effective radius and anomalously high
number density up to 105 particles per cm3 at lower altitudes.
Fig. B3 shows the vertical proﬁles of size distribution parameters
and examples of ﬁtting at different altitudes. Both variances allow
to reproduce the data at different altitudes but larger variance corresponds to smaller radius and higher density.

Appendix B
To estimate the sensitivity to meff we have performed retrievals
for the example orbit 5481 for a range of effective variances (0.1,
0.35 and 0.65 lm). Fig. B1 demonstrates the result of calculations
using martian dust refractive index. The left panel shows a variation of reff which increases, for example, from 0.78 lm at 15 km
with meff = 0.11 to 0.91 lm for meff = 0.65. Overall, the ﬁtted radius

References
Bertaux, J.-L. et al., 2006. SPICAM on Mars Express: Observing modes and overview
of UV spectrometer data and scientiﬁc results. J. Geophys. Res. 111, E10S90.
http://dx.doi.org/10.1029/2006JE002690.
Chasseﬁere, E., Blamont, J.E., Krasnopolsky, V.A., Korablev, O.I., Atreya, S.K., West,
R.A., 1992. Vertical structure and size distributions of martian aerosols from
solar occultation measurements. Icarus 97, 46–69.

A.A. Fedorova et al. / Icarus 231 (2014) 239–260
Chasseﬁere, E., Drossart, P., Korablev, O., 1995. Post-Phobos model for the altitude
and size distribution of dust in the low martian atmosphere. J. Geophys. Res.
100 (E3), 5525–5539.
Clancy, R.T., Lee, S.W., Gladstone, G.R., McMillan, W.W., Rousch, T., 1995. A new
model for Mars atmospheric dust based upon analysis of ultraviolet through
infrared observations from Mariner 9, Viking, and PHOBOS. J. Geophys. Res. 100
(E3), 5251–5263.
Clancy, R.T., Grossman, A.W., Wolff, M.J., James, P.B., Rudy, D.J., Billawala, Y.N.,
Sandor, B.J., Lee, S.W., Muhleman, D.O., 1996. Water vapor saturation at low
altitudes around Mars aphelion: A key to Mars climate? Icarus 122, 36–62.
Clancy, R.T., Wolff, M.J., Christensen, P.R., 2003. Mars aerosol studies with the MGS
TES emission phase function observations: Optical depths, particle sizes, and ice
cloud types versus latitude and solar longitude. J. Geophys. Res. 108 (E9), 1–2.
http://dx.doi.org/10.1029/2003JE002058, CiteID 5098.
Dlugach, Zh.M., Mishchenko, M.I., Morozhenko, A.V., 2002. The effect of the shape of
dust aerosol particles in the martian atmosphere on the particle parameters.
Solar Syst. Res. 36 (N5), 367–373.
Dlugach, J.M., Korablev, O.I., Morozhenko, A.V., Moroz, V.I., Petrova, E.V., Rodin, A.V.,
2003. Physical properties of dust in the atmosphere of Mars: Analysis of
controversies and possible ways to resolve them. Solar Syst. Res. 37 (Nl), 1–19.
Fedorova, A., Korablev, O., Bertaux, J.-L., Rodin, A., Montmessin, F., Belyaev, D.,
Reberac, A., 2009. Solar infrared occultations by the SPICAM experiment on
Mars Express: Simultaneous observations of H2O, CO2 and aerosol vertical
distribution. Icarus 200 (1), 96–117.
Flynn, G.J., 1992. The meteoritic contribution to dust and aerosols in the
atmosphere of Mars. In: Lunar and Planetary Inst., Workshop on the Martian
Surface and Atmosphere through Time (SEE N92-28988 19-91), pp. 51–52.
Forget, F. et al., 2009. Density and temperatures of the upper martian atmosphere
measured by stellar occultations with Mars Express SPICAM. J. Geophys. Res.
114, E01004. http://dx.doi.org/10.1029/2008JE003086.
Gooding, J.L., 1986. Martian dust particles as condensation nuclei a preliminary
assessment of mineralogical factors. Icarus 66, 56–74.
Greeley, R., Iversen, J.D., 1985. Wind as a Geological Process on Earth, Mars, Venus
and Titan. Cambridge University Press, 333p.
Greeley, R. et al., 2006. Active dust devils in Gusev crater, Mars: Observations from
the Mars Exploration Rover spirit. J. Geophys. Res. 111, E12S09. http://
dx.doi.org/10.1029/2006JE002743.
Grundy, W.M., Schmitt, B., 1998. The temperature-dependent near-infrared
absorption spectrum of hexagonal H2O ice. J. Geophys. Res. 103 (E11), 25809–
25822.
Hansen, J.E., Travis, L.D., 1974. Light scattering in planetary atmosphere. Space Sci.
Rev. 16, 527–610.
Heavens, N.G., McCleese, D.J., Richardson, M.I., Kass, D.M., Kleinbohl, A., Schoﬁeld,
J.T., 2011a. Structure and dynamics of the martian lower and middle
atmosphere as observed by the Mars Climate Sounder: 2. Implications of the
thermal structure and aerosol distributions for the mean meridional circulation.
J. Geophys. Res. 116, E01010. http://dx.doi.org/10.1029/2010JE003713.
Heavens, N.G. et al., 2011b. The vertical distribution of dust in the martian
atmosphere during northern spring and summer: Observations by the Mars
Climate Sounder and analysis of zonal average vertical dust proﬁles. J. Geophys.
Res. 116, E04003. http://dx.doi.org/10.1029/2010JE003691.
Hunten, D.M., Turco, R.P., Toon, O.B., 1980. Smoke and dust particles of meteoric
origin in the mesosphere and stratosphere. J. Atmos. Sci. 37, 1342–1357.
Iraci, L., Phebus, B., Stone, B., Colaprete, A., 2010. Water ice cloud formation on Mars
is more difﬁcult than presumed: Laboratory studies of ice nucleation on
surrogate materials. Icarus 210, 985–991.
Jacobson, M.Z., 2005. Fundamentals of Atmospheric Modeling. Cambridge
University Press, UK, pp. 813.
Jacobson, M.Z., Turco, R.P., Jensen, E.J., Toon, O.B., 1994. Modeling coagulation
among particles of different composition and size. Atmos. Environ. 28A, 1327–
1338.
Kahre, M., Hollingsworth, J.L., Haberle, R.M., Murphy, J.R., 2008. Investigations of the
variability of dust particle sizes in the martian atmosphere using the NASA
Ames General Circulation Model. Icarus 195, 576–597.
Kleinböhl, A. et al., 2009. Mars Climate Sounder limb proﬁle retrieval of
atmospheric temperature, pressure, and dust and water ice opacity. J.
Geophys. Res. 114 (E10), CiteID E10006.
Korablev, O., Krasnopolsky, V.A., Rodin, A.V., Chasseﬁere, E., 1993. Vertical structure
of martian dust measured by solar infrared occultations from the Phobos
spacecraft. Icarus 102, 76–87.
Korablev, O. et al., 2006. SPICAM IR acousto-optic spectrometer experiment on Mars
Express. J. Geophys. Res. 111, E09S03. http://dx.doi.org/10.1029/2006JE002696.
Ladino, L.A., Abbatt, J.P.D., 2013. Laboratory investigation of martian water ice cloud
formation using dust aerosol stimulants. J. Geophys. Res. 118, 1–12. http://
dx.doi.org/10.1029/2012JE004238.
Lebonnois, S., Quemerais, E., Montmessin, F., Lefevre, F., Bertaux, J.-L., Forget, F.,
2006. Vertical distribution of ozone on Mars as measured by SPICAM/Mars
Express using stellar occultation. J. Geophys. Res. 111 (E9), CiteID E09S05.
Määttänen, A. et al., 2005. Nucleation studies in the martian atmosphere. J.
Geophys. Res. 110 (E2), E020002.
Määttänen, A. et al., 2010. Mapping the mesospheric CO2 clouds on Mars: MEx/
OMEGA and MEx/HRSC observations and challenges for atmospheric models.
Icarus 209, 452–469.
Määttänen, A., Listowski, C., Montmessin, F., Maltagliati, L., Reberac, A., Joly, L.,
Bertaux, J.-L., 2013. A complete climatology of the aerosol vertical distribution
on Mars from MEx/SPICAM UV solar occultations. Icarus 223 (2), 892–941.

259

Madeleine, J.-B., Forget, F., Millour, E., Montabone, L., Wolff, M.J., 2011. Revisiting
the radiative impact of dust on Mars using the LMD Global Climate Model. J.
Geophys. Res. 116, E11010. http://dx.doi.org/10.1029/2011JE003855.
Maltagliati, L., Montmessin, F., Fedorova, A., Korablev, O., Forget, F., Bertaux, J.-L.,
2011. Evidence of water vapor in excess of saturation in the atmosphere of
Mars. Science 333, 1868–1871.
Maltagliati, L., Montmessin, F., Korablev, O., Fedorova, A., Forget, F., Määttänen, A.,
Lefèvre, F., Bertaux, J.-L., 2013. Annual survey of water vapor vertical
distribution and water–aerosol coupling in the martian atmosphere observed
by SPICAM/MEx solar occultations. Icarus 223 (2), 942–962.
Markiewicz, W.J., Sablotny, R.M., Keller, H.U., Thomas, N., Titov, D., Smith, P.H.,
1999. Optical properties of the martian aerosols as derived from Imager for
Mars Pathﬁnder midday sky brightness data. J. Geophys. Res. 104 (E4), 9009–
9018.
Markiewicz, W.J., Shalygina, O., Hviid, S.F., 2011. Optical properties of the martian
aerosols as derived from Imager for Mars Pathﬁnder midday sky brightness
data. EPSC-DPS Joint Meeting 2011, held 2–7 October 2011 in Nantes, France, p.
468. <http://meetings.copernicus.org/epsc-dps2011>.
McCleese, D.J. et al., 2010. Structure and dynamics of the martian lower and middle
atmosphere as observed by the Mars Climate Sounder: Seasonal variations in
zonal mean temperature, dust, and water ice aerosols. J. Geophys. Res. 115
(E12). http://dx.doi.org/10.1029/2010JE003677, CiteID E12016.
Medvedev, A.S., Kuroda, T., Hartogh, P., 2011. Inﬂuence of dust on the dynamics of
the martian atmosphere above the ﬁrst scale height. Aeolian Res. 3, 145–156.
Michelangeli, D., Toon, O., Haberle, R., Pollack, J., 1993. Numerical simulations of the
formation and evolution of water ice clouds in the martian atmosphere. Icarus
102 (2), 261–285.
Millour, E. et al., 2008. The Latest (Version 4.3) Mars Climate Database. Lunar Planet.
Inst. Contrib. Ser. 1447, 9029.
Mishchenko, M.I., Dlugach, J.M., Yanovitskij, E.G., Zakharova, N.T., 1999.
Bidirectional reﬂectance of ﬂat, optically thick particulate laters: And efﬁcient
radiative transfer solution and applications to snow and soil surfaces. J. Quant.
Spectrosc. Radiat. Transfer 63, 409–432.
Molina-Cuberos, J.G., López-Moreno, J.J., Arnold, F., 2008. Meteoric layers in
planetary atmospheres. Space Sci. Rev. 137 (1–4), 175–191.
Montmessin, F., Rannou, P., Cabane, M., 2002. New insights into martian dust
distribution and water–ice cloud microphysics. J. Geophys. Res. 107 (E6), 1–4.
http://dx.doi.org/10.1029/2001JE001520, CiteID 5037.
Montmessin, F., Forget, F., Rannou, P., Cabane, M., Haberle, R.M., 2004. Origin and
role of water ice clouds in the martian water cycle as inferred from a general
circulation model. J. Geophys. Res. 105 (E2), 4109–4121.
Montmessin, F., Quemerais, E., Bertaux, J.-L., Korablev, O., Rannou, P., Lebonnois, S.,
2006a. Stellar occultations at UV wavelengths by the SPICAM instrument:
Retrieval and analysis of martian haze proﬁles. J. Geophys. Res. 111, E09S09.
http://dx.doi.org/10.1029/2005JE002662.
Montmessin, F. et al., 2006b. Subvisible CO2 ice clouds detected in the mesosphere
of Mars. Icarus 183 (2), 403–410.
Navarro, T., Madeleine, J.-B., Montmessin, F., Forget, F., Spiga, A., Millour, E., 2013.
Modeling of the martian water cycle with an improved representation of water
ice clouds. In: European Planetary Science Congress 2013. EPSC Abstracts 8,
EPSC2013-203.
Ockert-Bell, M.E., Bell, J.F., Pollack, J.B., McKay, C.P., Forget, F., 1997. Absorption and
scattering properties of the martian dust in the solar wavelengths. J. Geophys.
Res. 102 (E4), 9039–9050.
Phebus, B., Johnson, A., Mar, B., Stone, B., Colaprete, A., Iraci, L., 2011. Water ice
nucleation characteristics of JSC Mars-1 regolith simulant under simulated
martian atmospheric conditions. J. Geophys. Res. 116 (E04009).
Pollack, J.B. et al., 1977. Properties of aerosols in the martian atmosphere, as
inferred from Viking Lander imaging data. J. Geophys. Res. 82, 4479–4496.
Pollack, J.B., Colburn, D.S., Flasar, F.M., Kahn, R., Carlston, C.E., Pidek, D.G., 1979.
Properties and effects of dust particles suspended in the martian atmosphere. J.
Geophys. Res. 84, 2929–2945.
Pollack, J.B., Ockert-Bell, M.E., Shepard, M.K., 1995. Viking Lander image analysis of
martian atmospheric dust. J. Geophys. Res. 100 (E3), 5235–5250.
Press, W.H., Teukolsky, S.A., Vetterling, W.T., Flannery, B.P. 1996. Numerical recipes
in FORTRAN 90: the art of scientiﬁc computing, Volume 2 of Fortran Numerical
Recipes, Cambridge Univ. Press, second ed., pp. 576.
Pruppacher, H.R., Klett, J.D., 1997. Microphysics of clouds and precipitation, second
ed., Kluwer Academic publishers, pp. 954.
Quémerais, E. et al., 2006. Stellar occultations observed by SPICAM on Mars Express.
J. Geophys. Res. 111, E09S04. http://dx.doi.org/10.1029/2005JE002604.
Rodgers, C.D., 2000. Inverse Methods for Atmospheric Sounding: Theory and
Practice. Series on Atmospheric, Oceanic and Planetary Physics, vol. 2. World
Scientiﬁc.
Smith, M.D., 2002. The annual cycle of water vapor on Mars as observed by the
Thermal Emission Spectrometer. J. Geophys. Res.: Planets 107 (E11), 5115.
Smith, D.E. et al., 1999. The global topography of Mars and implications for surface
evolution. Science 284 (5419), 1495–1503.
Smith, M.D., Wolff, M.J., Clancy, R.T., Kleinbohl, A., Murchie, S.L., 2013. Vertical
Distribution of Dust and Water Ice Aerosols from CRISM Limb-Geometry
Observations. J. Geophys. Res. 118 (E2), 321–334.
Tomasko, M.G., Doose, L.R., Lemmon, M., Smith, P.H., Wegryn, E., 1999. Properties of
dust in the martian atmosphere from the Imager on Mars Pathﬁnder. J.
Geophys. Res. 104 (E4), 8987–9008.
Toon, O.B., Pollack, J.B., Sagan, C., 1977. Physical properties of the particles
composing the martian dust storm of 1971–1972. Icarus 30, 663–696.

260

A.A. Fedorova et al. / Icarus 231 (2014) 239–260

Trainer, M., Toon, O., Tolbert, M., 2009. Measurements of depositional ice nucleation
on insoluble substrates at low temperatures: Implications for Earth and Mars. J.
Phys. Chem. C 113 (6), 2036–2040.
Vincendon, M., Pilorget, C., Gondet, B., Murchie, S., Bibring, J.-P., 2011. New near-IR
observations of mesospheric CO2 and H2O clouds on Mars. J. Geophys. Res. 116,
E00J02. http://dx.doi.org/10.1029/2011JE003827.
Warren, S.G., 1984. Optical constants of ice from the ultraviolet to the microwave.
Appl. Opt. 23, 1206–1225.
Warren, S.G., Brandt, R.E., 2008. Optical constants of ice from the ultraviolet to the
microwave: A revised compilation. J. Geophys. Res. 113, D14220. http://
dx.doi.org/10.1029/2007JD009744.

Wolff, M.J., Clancy, R.T., 2003. Constraints on the size of martian aerosols from
Thermal Emission Spectrometer observations. J. Geophys. Res. 108 (E9), 5097.
http://dx.doi.org/10.1029/2003JE002057.
Wolff, M.J. et al., 2009. Wavelength dependence of dust aerosol single scattering
albedo as observed by the Compact Reconnaissance Imaging Spectrometer. J.
Geophys. Res. 114, E00D04. http://dx.doi.org/10.1029/2009JE003350.
Wolff, M.J., Todd Clancy, R., Goguen, Jay D., Malin, Michael C., Cantor, Bruce A., 2010.
Ultraviolet dust aerosol properties as observed by MARCI. Icarus 208, 143–155.

